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PREFACE

Isotope geology is the offspring of geology on one hand and of the concepts and methods of
nuclear physics onthe other. [t wasinitially known as“nuclear geology”and then as “isotope
geochemistry” beforeits current name of isotope geology came to be preferred because it is
based on the measurement and interpretation of the isotopic compositions of chemical ele-
ments making up the various natural systems. Variations in these isotope compositions
yield useful information for the geological sciences (in the broad sense). The first break-
through for isotope geology was the age determination of rocks and minerals, which at a
stroke transformed geology into a quantitative science. Next came the measurement of past
temperatures and the birth of paleoclimatology. Then horizons broadened with the emer-
gence ofthe conceptofisotopictracerstoencompassnotonly questions ofthe Earth’s struc-
tures and internal dynamics, of erosion, and of the transport of material, but also problems
of cosmochemistry, including those relating to the origins of the chemical elements. And so
isotope geology has not only extended across the entire domain of the earth sciences but has
also expanded that domain, opening up many new areas, from astrophysics to environmen-
tal studies.

This book is designed to provide an introduction to the methods, techniques, and main
findings of isotope geology. The general character of the subject defines its potential reader-
ship: final-year undergraduates and postgraduates in the earth sciences (or environmental
sciences), geologists, geophysicists, or climatologists wanting an overview of the field.

This is an educational textbook. To my mind, an educational textbook must set out its
subject matter and explain it, but it must also involve readers in the various stages in the
reasoning. One cannot understand the development and the spirit of a science passively.
The reader must be active. This book therefore makes constant use of questions, exercises,
and problems. I have sought to write a book on isotope geology in the vein of Turcotte and
Schubert’s Geodynamics (Cambridge University Press) or Arthur Beiser’s Concepts of
Modern Physics (McGraw-Hill), which to my mind are exemplary.

Asitisan educational textbook, information is sometimes repeated in different places. As
modern research in the neurosciences shows, learning is based on repetition, and so I have
adopted this approach. This is why, for example, although numerical constants are often
given in the main text, many of them are listed again in tables at the end. In other cases, I have
deliberately not given values so that readers will have to look them up for themselves, because
information one has to seek outis remembered better than information served up on a plate.

Readers must therefore work through the exercises, failing which they may not fully
understand how the ideas follow on from one another. I have given solutions as we go along,
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sometimes in detail, sometimes more summarily. At the end of each chapter, I have set a
number of problems whose solutions can be found at the end of the book.

Another message I want to get across to students of isotope geology is that this is not an
isolated discipline. It is immersed both in the physical sciences and in the earth sciences.
Hence the deliberate use here and there of concepts from physics, from chemistry
(Boltzmanndistribution, Arrhenius equation, etc.), or from geology (platetectonics, petro-
graphy, etc.) to encourage study of these essential disciplines and, where need be, to make
readers look up information in basic textbooks. Isotope geology is the outcome of an
encounter between nuclear physics and geology; this multidisciplinary outlook must be
maintained.

Thisbookdoesnotsetouttoreviewalltheresults of isotope geologybuttobring readers to
apoint where they can consult the original literature directly and without difficulty. Among
current literature on the same topics, this book could be placed in the same category as
Gunter Faure’s Isotope Geology (Wiley), to be read in preparation for Alan Dickin’s excel-
lent Radiogenic Isotope Geology (Cambridge University Press).

The guideline I have opted to follow has been to leave aside axiomatic exposition and to
take instead a didactic, stepwise approach. The final chapter alone takes a more synthetic
perspective, while giving pointers for future developments.

I have to give a warning about the references. Since this is a book primarily directed
towards teaching I have not given a full set of references for each topic. I have endeavored to
give due credit to the significant contributors with the proper order of priority (which is not
always the case in modern scientific journals). Because it is what [ am most familiar with, I
have made extensive use of work done in my laboratory. This leads to excessive emphasis on
my own laboratory’s contributions in some chapters. I feel sure my colleagues will forgive
me for this. Thereferencesatthe end ofeach chapterare supplemented by alist of suggestions
for further reading at the end of the book.



ACKNOWLEDGMENTS

I'wouldlike to thank all those who have helped me in writing this book.

My colleagues Bernard Dupré, Bruno Hamelin, Eric Lewin, Gérard Manhés, and Laure
Meynadier made many suggestions and remarks right from the outset. Didier Bourles,
Serge Fourcade, Claude Jaupart, and Manuel Moreira actively reread parts of the
manuscript.

I am grateful too to those who helped in producing the book: Sandra Jeunet, who word-
processed a difficult manuscript, Les Editions Belin, and above all Jo&l Dyon, who did the
graphics. Christopher Sutcliffe hasbeen a most co-operative translator.

My verysincere thanks toall.






CHAPTER SEVEN

Stable isotope geochemistry

When defining the properties of isotopes we invariably say that the isotopes of an element
have the same chemical properties, because they have the same electron shell, but different
physical properties, because they have different masses. However, ifthe behavior of isotopes
of any chemical element is scrutinized very closely, small differences are noticeable: in the
course of a chemical reaction as in the course of a physical process, isotope ratios vary and
isotopic fractionation occurs. Such fractionation is very small, a few tenths or hundredths
of 1%, and is only well marked for the light elements, let us say those whose atomic mass is
lessthan 40. However, thanks to the extreme precision of modern measurement techniques,
values can be measured for almost all of the chemical elements, even if they are extremely
small for theheavy ones.

When we spoke of isotope geochemistry in the first part of this book, we voluntarily
omitted such phenomena and concentrated on isotope variations related to radioactivity,
which are preponderant. We now need to look into the subtle physical and chemical
fractionation of stable isotopes, the use of which is extremely important in the earth
sciences.

7.1 Identifying natural isotopic fractionation
of light elements

The systematic study of the isotopic composition of light elements in the various naturally
occurring compounds brings out variations which seem to comply with a purely naturalis-
tic logic. These variations in isotope composition are extremely slight, and are generally
expressed in a specific unit, the dunit.

5— sample isotope ratio — standard isotope ratio < 10°
N standard isotope ratio '

Ultimately,§ isarelative deviation from a standard, expressed as thenumberof parts per mil
(%o0). Isotope ratios are expressed with the heavier isotope in the numerator.

If §is positive then the sampleisricher in the heavy isotope than the standard. If § isnega-
tive then the sample is poorer in the heavy isotope than the standard. The terms “rich”and
“poor”are understood as relative to the isotope in the numerator of the isotope ratio in the
formula above: by convention it is always the heavy isotope. Thus we speak of the '¥0/'°Q,
D/H, BC/"C ratio, etc. The standard is chosen for convenience and may be naturally
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abundant such as sea water for '*0/'°0 and D/H, a given carbonate for Bc/2C, oreven a
commercial chemical (Craig, 1965).

Exercise

Oxygen has three stable isotopes, °0, 170, and *#0, with average abundances of 99.756%,
0.039%, and 0.205%, respectively. The 160/80 ratio in a Jurassic limestone is 472.4335. In
average sea water, this same ratio is *°0/*80 = 486.594. If average sea water is taken as the
standard, what is the J'of the limestone in question?

Answer

By convention, § is always expressed relative to the heavy isotope. We must therefore invert
the ratios stated in the question, giving 0.002116 7 and 0.002 055 1, respectively. Applying
the formula defining §*%0 gives 50 = +30.

REEEE

The four naturally occurring, stable isotopes of sulfur are 25, 33S, %S and °S. Their average
abundances are 95.02%, 0.75%, 4.21%, and 0.017%, respectively. Generally, we are interested
in the ratio of the two most abundant isotopes, 345 and 32S. The standard for sulfur is the
sulfide of the famous Canyon Diablo meteorite® with a 32S/3S value of 22.22. We express §
relative to the heavy isotope, therefore:

S5 — (((345/325)sample . 1) 5 103.

345/325)5tandard

If we have a sample of sulfur from a natural sulfide, for example, with 325/3%S = 23.20, what is
its §345?

Answer

Given that the standard has a >*S/3?S ratio of 0.0450 and the sample a ratio of 0.0431,
8°%S=—42.22. Notice here that the sign is negative, which is important. By definition, the
standard has a value § = 0.

7.1.1 The double-collection mass spectrometer

Variations in theisotope composition of light elements are small, even very small. A precise
instrument is required to detect them (and a fast one, if we want enough results to represent
natural situations). We have already seen the principle of how a mass spectrometer works.
Remember that in a scanning spectrometer, the magnetic field is varied and the ion beams
corresponding to the different masses (or differentisotopes) are pickedupinturninacollec-
tor. The collector picks up the ions and provides an electric current which is fed through a
resistor to give avoltage read-out.

As we have already said, in multicollector mass spectrometers, the collectors are fixed
and thebeams ofthe variousisotopes are received simultaneously. In this way we get around

! Canyon Diablo is the meteorite that dug Meteor Crater in the Arizona desert.



m Stable isotope geochemistry

the temporary fluctuations that may occur during ionization. However, the recording cir-
cuits for the various collectors mustbeidentical.

Since 1948, the double-collection mass spectrometer invented by Nier has been used for
measuring slight isotopic differences for elements which can be measured in the gaseous
state and which are ionized by electron bombardment (Nier, 1947; Nier et al., 1947).> The
two electrical currents, picked up by two Faraday cups, are computed using a Wheatstone
bridge arrangement, which we balance (we measure the resistance values required to bal-
ancethebridge). Theratio ofelectrical currents 7, is therefore directly related to theisotope
ratio R, by the equation:

Ia/b = KRa/b

where K is a fractionation factor and reflects bias that may occur during measurement. It is
evaluated with an instantaneous calibration system using a standard. The standard sample
ismeasured immediately after the unknown sample x. This gives:

I; = KR.

Eliminating K from the two equations gives:

Ic Ry

I Ry

The measurement of the relative deviation is then introduced quite naturally:

A =R R (R (L
"' R, R I ’

Aswearehandlingsmall numbers, thisnumber is multiplied by 1000 for the sake of conveni-
ence. This is where the definition of the § unit comes from, which is therefore provided
directly by the mass spectrometer measurement, sinced = A, - 10°.

This gas-source, double-collection mass spectrometer automatically corrects two types
of effect. First, it eliminates time fluctuations which mean that when we “scan” by varying
the magnetic field (see Chapter 1), the emission at time 7 when isotope 1 is recorded may be
different fromemissionattime (¢ + Af) whenisotope2isrecorded. Second, itcorrectserrors
generated by the appliance by the sample—standard switching technique.

The measurement sequence is straightforward: sample measurement, standard meas-
urement, sample measurement, etc. The operation is repeated several times to ensure meas-
urement reproducibility. Fortunately, many light elements can enter gas compounds. This
is the case of hydrogen in the form H, (or H,O), of carbon and oxygen as CO,, of sulfur
(SO,) or (SF), of nitrogen (N>), of chlorine (Cl,), and so on. For other elements such as
boron, lithium, magnesium, calcium, and iron, it was not until advances were made in
solid-source mass spectrometry or the emergence of inductively coupled plasma mass
spectrometry (ICPMS), originally developed for radiogenic isotope studies, that an

2 Multicollector mass spectrometers for thermo-ionization or plasma sources have been routinely used
only since the year 2000 because of electronic calibration difficulties.
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effective multicollection technique could be used. This domain is booming today and we
shall touchuponitatthe end of this chapter.

7.1.2 Some isotope variations and identifying coherence

Oxygen
This is the most abundant chemical element on Earth, not only in the ocean but also
in the silicate Earth (Figure 7.1). Its isotope composition varies clearly, which is a
godsend!

Oxygen has threeisotopes: '*0, 70, and '°O (the most abundant).We generally study var-
iations in the *0/'°0O ratio expressed, of course, in 4 units, taking ordinary sea water as the
benchmark (withd = 0 by definition).” Systematic measurement of various naturally occur-
ring compounds (molecules, minerals, rocks, water vapor, etc.) reveals that they have char-
acteristic isotope compositions that are peculiar to their chemical natures and their
geochemical origins, whatever their geological ages or their geographical origins. For
igneous or metamorphic silicate rocks & is positive, ranging from +5 to +13. Such rocks
are therefore enriched in ®O (relative to sea water). Limestones are even more enriched
since their § values vary from +25 to +34. Of course, we may ask what “offsets” such enrich-
mentin *0O.

50
o, s Atm.CO,
dissolved . 4 arb
in ocean arbonates . .
v
30 water & == 34 3(I)Z)la*com|tes
Atm.O, 5 : »
— 13 s I Sandstones
'grg‘é‘k’;ls Volcanic water | & i ;. Shales
= 10 12 Granites Photosynthetic & K i 10
< I ocean - O p
s 4 Basalts 2 i & o 7
Meteorites O = 1.005 imestones
g | Ocean wate7|—(exchange)Exchange with
o fresh water at
-10 high temperature
02 by ]
. 2 Fresh
dissociation water
-30
-50

Figure 7.1 Distribution of oxygen isotope compositions in the main terrestrial reservoirs expressed in
8%0. The isotope fractionation factors are shown for various important reservoirs. The smaller
numbers indicate extreme values. Values are of 620 expressed relative to standard mean ocean
water (SMOW). After Craig and Boato (1955).

3 The technique of alternating sample and standard used with electron bombardment of gas sources is
difficult to implement whether with sources working by thermo-ionic emission or by ICPMS because of
the possible memory effects or cross-contamination.

4 Tt is called standard mean ocean water (SMOW).
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Which compounds have negative d values? We observe that those of fresh water are nega-
tive, ranging from —10 to —50. A few useful but merely empirical observations can be
inferred from this. As we know that limestones precipitate from sea water, enrichment in
180 suggests that limestone precipitates with enrichment in the heavy isotope. Conversely,
we know that fresh water comes from evaporation and then condensation of a universal
source, the ocean. Itcanthereforebe deduced that thereis depletion in "*O during the hydro-
logical cycle (evaporation—condensation). These observations suggestthereisa connection
between certain natural phenomena, their physical and chemical mechanisms, the origin
ofthe products, and isotope fractionation.

Hydrogen

Letusnowlook atthenaturalisotopicvariations ofhydrogen, thatis, variationsinthe (D/H)
ratio (D is the symbol for deuterium). Taking mean ocean water as the standard, it is
observed that organic products, trees, petroleum, etc. and rocks are enriched in deuterium
whereas freshwater containsless of it (Figure 7.2).

We find similar behavior to that observed for oxygen, namely depletion of the heavy iso-
tope in fresh water and enrichment in rocks and organic products. The product in which
hydrogen and oxygen are associated is water (H,O). It is important therefore to know
whether the variations observed for D/H and '*0/'°O in natural water are “coherent” or
not. Coherence in geochemistry is first reflected by correlation. Epstein and Mayeda
(1953) from Chicago and then Harmon Craig (1961) of the Scripps Institution of
Oceanography at the University of California observed excellent correlation for rainwater
between D/H and '*0/'°O, which shows that there is “coherence” in isotopic fractionation
related to the water cycle (Figure 7.3). This invites us therefore to look more closely at any
quantitative relations between isotope fractionation and the major natural phenomena.

500
Meteorites
carbonaceos
chond ites
300 — . —
Bk prog ressive D @anic
enrichment of ocean prodts —
Trees -
frids
100 petrolem
o etc
N 4 [0} —
‘D’ { Geanw _ater |—u% i t
? —
© 0 7 Atm.Hp =
— Ju enile water =
|:|—16 E
Photo
tsociation
Fresh
300 — w ter
&cape from atmosphere
500

Figure 7.2 Distribution of isotope compositions of hydrogen expressed in §D in the main terrestrial
reservoirs. After Craig and Boato (1955).
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Figure 7.3 Correlation between (D/H, *30/*°0) of rainwater. After Craig (1961).

7.1.3 Characterization of isotope variations

Between two geological products A and B, related by a natural process, and whose isotope
ratios are notated R, and Rg, we canwrite:

Ra

Oap = —2
AB RB

where 055 is the overall fractionation factor between A and B. With d, and 6y being
defined as previously, we can write:

1+ 108 C)
O =775 ~ 1+ o0
1000

following the approximation (1 +¢)/(1 + &) = 1 + (¢ — &).
We note Axg=04 — 0 This yields a fundamental formula for all stable isotope
geochemistry:

IOOO(QAB—I) ~ AAB-

EEEE

Given that the §*®0 value of a limestone is +24 and that the limestone formed by precipita-
tion from sea water, calculate the overall limestone—sea water fractionation factor 6.

Answer
ALim—HZO = 5(33 = 5H20 = 24 — 0. We deduce that #=1.024.
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It is possible, then, to calculate the overall fractionation factors for various geological
processes: the transition from granite to clay by weathering, the evaporation of water
between ocean and clouds, the exchange of CO, in the atmosphere with that dissolved in
the ocean or with carbon of plants, and so on.

This is a descriptive approach, not an explanatory one. Various chemical reactions
and physical processes have been studied in the laboratory to determine the variations
in theirassociated isotope compositions. Thus, for instance, it has been observed that when
water evaporates, the vapor is enriched in light isotopes for both hydrogen and oxygen.
Fractionation factors have been defined for each process from careful measurements made
inthelaboratory. These elementary fractionation factors will be denoted .

Geochemists have endeavored to synthesize these two types of information, that is,
to connect 6 and ¢, in other words, to break down natural phenomena into a series of
elementary physical and chemical processes whose isotope fractionations are measured
experimentally. This approach involves making models of natural processes. We then
calculate # from measurements of @« made in the laboratory When the agreement between 6
so calculated and 6 observed in nature is “good,” the model proposed can be considered a
“satisfactory” image of reality. Thus, while the study of the isotopic compositions of natural
compounds is interesting in itself, it also provides insight into the underlying mechanisms
of natural phenomena. Hence the role of tracers of physical —chemical mechanismsin geo-
logical processes that are associated with studies of light-isotope fractionation.

In attempting to expose matters logically, we shall not trace its historical development. We
shall endeavor first to present isotope fractionation associated with various types of physical
and chemical phenomena and then tolook at some examples of natural isotope fractionation.

7.2 Modes of isotope fractionation

7.2.1 Equilibrium fractionation

As a consequence of elements having several isotopes, combinations between chemical ele-
ments, that is molecules and crystals, have many isotopic varieties. Let us take the molecule
H,O by way of illustration. There are different isotopic varieties: H,'*0, H,"0, H,'°0, D,'®0,
D,"0, D,'°0, DH"0, DH" 0, DH'°O (omitting combinations with tritium, T). These differ-
ent molecules are known as isotopologs. Of these, H,'°O accounts for 97%, H,'®O for 2.2%,
H,"O for about 0.5%, and DH'®O for about 0.3%. When the molecule H,O is involved in a
chemical process, all of its varieties contribute and we should write the various equilibrium
equations notjust for H,O alone but forall the corresponding isotopic molecules.

Chemical equilibria

Letus consider, forexample, the reaction
Si'*0, + 2HY0 = Si'°0, + 2H'*0,
which correspondstoa massaction law:
(H2180>2(Si1602)
(H2160)2(Si1802)

= K(T).
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Harold Urey (1947), andindependently Bigeleisen and Mayer (1947), showed using statisti-
cal quantum mechanics that this kind of equilibrium constant, although close to 1, is differ-
entfrom1.

More generally, for an isotope exchange reaction a4, +bB, = aA, + bB;, where Band 4
are compounds and the subscripts 1 and 2 indicate the existence of two isotopes of an ele-
ment common to both compounds, we can write in statistical thermodynamics, following
Urey (1947) and Bigeleisen and Mayer (1947):

- (6o 6]

Functions Q aretermed partition functions of the molecule and are such that for a given sin-
gle chemical species we can write:

0 _o (ﬁ)/ Zew(ir) &
01 o2 \M '

Inthisequation ojand o, are the symmetry numbers of molecules1and 2, E»;and Ej;arethe
different rotational or vibrational energy levels of the molecules, M; and M, are their
masses, and /; and /> are their moments of inertia.

The greater the ratio M;/M, the greater the fractionation between isotope species, all else
beingequal. Itcan alsobe shown thatIn K, as for any equilibrium constant, canbe putin the
form a' + b’/ T+¢ | T?, which induces the principle of the isotopic thermometer. It can be
deduced from the formula that as T'increases K tends towards 1. At very high temperatures,
isotope fractionation tends to become zero and at low temperature it is much greater.” If we
define the isotope fractionation factor « associated with a process by the ratio
(A2/A1)/(B2/B1) = aagp, o and K are related by the equation &« = K'/”, where n is the
number ofexchangeable atoms. Thus, in the previous example, n = 2 as there are two oxygen
atoms to be exchanged, but usually o = K.

Let us now write the fractionation factor aia g in d notation, noting each isotope ratio R
and Rg:

o (Rs ) % <Rs > ’

Rsbeing the standard.
. <1+1%> 1 4 (82— 5)
6 )
1+ 1585 1000
sinced o anddgaresmall.

> Remember that isotope geology studies phenomena from —80 °C (polar ice caps) to 1500 °C (magmas)
and in the cosmic domain the differences are even higher.
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We come back to the equation (axg — 1) 1000 =65 — 6 = App, Which we met for the
factor 6.

Exercise

We measure the § 0 of calcite and water with which we have tried to establish equilibrium.
We find 8., =18.9 and 6,0 = —5. What is the calcite—water partition coefficient at 50 °C?
Calculate it without and with the approximation (1 +81)/(1 +62) ~ 1 + (61 — 82).

Answer
(1) Without approximation: aa—p,0 = 1.024 02.
(2) With approximation: aaj—n,0 = 1.0239.

Physical equilibria

Such equilibrium fractionation is not reserved for the sole case where chemical species are
different, but also applies when a phase change is observed, for instance. The partial pres-
sure of a gas is Pg = Py - Xg, where Xg is the molar fraction. Moreover, the gas—liquid
equilibrium obeys Henry’s law. Thus, when water evaporates, the vapor is enriched in the
light isotope. If the mixture H,'®*O and H,'°O is considered perfect, and if the water vapor
isaperfect gas, we canwrite:

P(H,'°0) = Xj - P"(H,'°0)

P(H,"*0) = Xj, s - P’(H,'°0)

where Pisthetotal pressure, X designates the molar fractionsin theliquid, and P° (H,0) the
saturated vapor pressure. Then (proveit as an exercise):

PO(H2180)
PO(H,160)°

a(vapor—liquid) =

the denser liquid being theless volatile P (H,'*0) < P° (H,'°0)and « < 1. Like all fractiona-
tion factors, ais dependent on temperature. Using Clapeyron’s equation, it can be shown that
InacanbewrittenintheformIn a = (a/T) + b. For water at 20 °C (this is the vapor-liquid
coefficient, notthe opposite!), visg = 0.991 and ap = 0.918. At20°Cfractionationisthere-
fore about eight times greater for deuterium than for "*O. (Remember this factor of 8 for later,)

Exercise

What is the law of variation of o with temperature in a process of gas—liquid phase change?
We are given that a = P° (X1)/P° (X5), where X; and X, are the two isotopes.

Answer
Let us begin from Clapeyron’s equation:

d_P o Lvapor
dT  TVuapor
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where Tis the temperature, Vthe volume, and L,,po, the latent heat of vaporization.
1dP L

PdT  TVP’

Since PV= nRT (Mariotte’s law):

idp_ Lo dP L
PdT  RT? P RT?

dT.
Integrating both terms gives InP = L.+ C.
Since v = P°(X;)/P°(X3), we have:

Lx, — Lx,

C.
RT u

Ina=InP°(Xy) —InP(X;) =

EEEE

The liquid—vapor isotope fractionation is measured for oxygen and hydrogen of water at three
temperatures (see table below):

Temperature (°C) ap Qasg

+20 1.0850 1.0098
0 1.1123 1.0117

—20 1.1492 1.0141

(1) Draw the curve of variation of o with temperature in (o, 7), [In(c), 1/7], and [In(a), 1/7].

(2) What is the & value of water vapor in deuterium and *20 at 20 °C and at 0 °C, given that
water has & =0 for (H) and (0)?

(3) Letusimagine a simple process whereby water evaporates at 20 °C in the temperate zone and
then precipitates anew at 0 °C. What is the slope of the precipitation diagram (§ D, § *¥0)?

Answer

(1) The answer is left for readers to find (it will be given in the main text).

(2) At+20°C,6 D=-85and§ **0=—9.8,and at 0 °C, 6 D=—112.3 and § **0=—-11.7.

(3) Theslopeis 14.3.In nature it is 8, proving that we need to refine the model somewhat (the
liquids have as starting values at 20 °C,6 D=0and § *®*0=0and at 0 °C,§ D= —27.3 and
580=-1.9).

7.2.2 Kinetic fractionation

Fora general accountof kinetic fractionation see Bigeleisen (1965).

Transport phenomena
During transport, as isotopic species have different masses, they move at different speeds.
The fastest isotopes are the lightest ones. Isotopic fractionation may result from these
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differences in speed. Suppose we have molecules or atoms with the same kinetic energy
E= %mv2. For two isotopic molecules 1 and 2 of masses 11, and m,, we can write v, v, being
the velocities:

wo (m 1/2

v \m)

The ratio of the speed of two “isotopic molecules” is proportional to the square root of the
inverse ratio of their mass. This law corresponds, for example, to the isotopic fractionation

that occurs during gaseous diffusion for which the fractionation factor between two iso-
topes of '°0O and '*O for the molecule O, is written:

32 1/2
=[] =1.030.
=)

Notein passing that such fractionation is of the same order as the fractionation we encoun-
tered during equilibrium processes! Such fractionation is commonplace during physical
transport phenomena. For example, when water evaporates, vapor is enriched in molecules
containing light isotopes (H rather than D, '°O rather than '®0). In the temperate zone
(T'=20 °C), for water vapor over the ocean 6'*0O = —13, whereas for vapor in equilibrium
thevalueiscloser to 680 = —9, as seen.

Chemical reactions

Isotopically different molecules react chemically at different rates. Generally, the lighter
molecules react more quickly. Lighter molecules are therefore at a kinetic advantage. This
is due to two combined causes. First, as we have just seen, light molecules move faster than
heavy molecules. Therefore light molecules will collide more. Second, heavy molecules are
more stable than light ones. During collisions, they will be dissociated less often and will be
less chemically reactive. The details of the mechanisms are more complex. During a chemi-
cal reaction, there is a variation in isotopic composition between the initial product and the
end product. Letus consider, forexample, the reaction:

C+ 02 — COZ
Interms of oxygen isotopes, there are two main reactions:

C _._16 0180 _ ClﬁolSO
C +'90'%0 — C'0,.

Remark

The other possible reactions are not important. The reaction C 4 **0*°0 — C**0*®0 is identical to
the first in terms of its result. The reaction C+ %00 — C*®0, yields a molecule of very low
abundance as *®0 is much rarer than 0.

These two reactions occur at differentspeeds, with two kinetic constants, Kjgand Kj¢. Letus
note the initial concentrations of the product containing the isotopes 18 and 16 as U;g and
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Ui, giving 1600, and note as Yig and Y4 the concentrations of C'*0'°0 and C'°0,.We can
write:

dUlg leS
— =K Uig =
di 18 18 dr
and
dU16 leG
— =K Uig = .
dt 16 16 dt

Ifthe concentration of initial products is kept constant

iy _ KUy
Yie KU
Therefore

180 180

- = af—)
(7)., ~ (7).,
or:
o - Kis

K’

The isotopic fractionation factor is equal to the ratio of the kinetic constants for each
isotope.

A fuller expression of this ratio may be obtained by statistical mechanics by using the fact
that the kinetic process consists of two transitions, one towards the activated complex and
the other towards the stable compound. Naturally, weusually have very few data on this acti-
vated complex which is very short-lived. Two reactions with two different isotopes (see
Lasaga, 1997) are written:

A +BCXLAB 4+ Cand A + BOXAB 4+ €

It canbe shown that
K _ Oagc Opc
K>  Qapc Opc’

QO being partition functions corresponding to the activated complex and to the molecules.
It should be possible to determine the parameters by spectrometry and so check the
precision of this theory but in fact the problem is so complex that we are far from having
resolved the theoretical approach and having determined the necessary spectroscopic
parameters. But we do understand the general sense of the mechanisms, which is the
most important thing. Experimental data are therefore used to model natural
phenomena.
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The temperature effect

During transport, isotopic fractionation is insensitive to temperature as it is in (z;/m5)"’>.
However, collisions and molecular recombinations are a function of energy and therefore
oftemperature and are theoretically activated. Itis understandable, then, thatisotopic frac-
tionation varies with temperature during kinetic processes.

Roughly speaking, temperature should promote kinetic fractionation. Having made this
simple observation, things become more complicated. Isotopic exchange, the process by
which equilibrium is attained, is itself a kinetic process and is therefore activated by tem-
perature, so much so that the increased fractionation because of kinetic effects is progres-
sively cancelled because the equilibrium processes become dominant and therefore
fractionation will diminish with the increase in temperature.

This double general process will thus lead to a law of kinetic fractionation represented by
abell-shaped curve: fractionation increasing with temperature at first, and then declining
beyond a certain temperature. This rule is modulated by specific kinetic mechanisms. This
is why, despite many attempts, we have never managed to give a general expression for
kineticisotopic fractionation based on statistical mechanics.

Biological effects

Many (if not all) biochemical reactions involve isotopic fractionation. A number of these
fractionation phenomena have been studied in vitro and in vivo, elucidating the intimate
mechanisms of certain important biochemical reactions. It is understandable, then, that
some biological mechanisms, formed by the combination or the succession of biochemical
reactions, produce isotopic effects some of which are particularly important in geochemis-
try and so deserve our attention. Let us discuss two of them: sulfate—sulfide reduction by
Desulfovibrio desulfuricans bacteria and chlorophyll photosynthesis (Harrison and
Thode, 1957,1958).

Sulfate—sulfide reduction by Desulfovibrio desulfuricansbacteria The reaction for the
reduction of sulfate to sulfide is written SOf[ = S*". It involves a big change in the
degree of oxidation of sulfur (+6) to (—2), which is made possible at low temperature only
by the intervention of the bacteria in question (conversely, the reaction S>~ — SOf[ is
easy). This bacterial reduction goes along with isotopic fractionation favoring the light
isotope of sulfur but whose amplitude is well below that of the sulfide < sulfate equili-
brium process, governed by the mass action law (o= 1.025 at 25 °C versus o = 1.075 for
the equilibrium process). This means the sulfate is enriched in the heavy isotope (**S)
when there is fractionation with the sulfide. This fractionation plays a role in nature and
helps to fix the isotopic composition of low-temperature naturally occurring sulfides (see
the end of this chapter).

Chlorophyll photosynthesis During this process atmospheric CO, is fixed and
the reduced carbon is incorporated into organic molecules. An enrichment in '*C com-
pared with °C is observed. The §"*C value of atmospheric CO, is —8%o. For carbonate
sediments, "°C varies from +5 to —5%. However, plants have §°C values ranging,
depending on varieties, from —15 to —35%.. Park and Epstein (1960) of the California
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Institute of Technology showed that an important step in '>C enrichment occurred in
the process of photosynthesis. They were even able to attribute partition coefficients to
the different photosynthetic mechanisms (this is outside our field but is important in
biochemistry).

Inshort, let us say that the biochemical effects are important. They are even fundamental
in some instances in geochemistry for understanding a whole series of phenomena such as
those related to the CO, cycle or the sulfur cycle. But need they be considered as specific
effects of living organisms that are not bound by ordinary physical and chemical laws?
Various studies have shown on the contrary that biological processes involving enzymes
arein fact a series of chemical reactions. These reactions are associated with isotopic frac-
tionation, generally of the kinetic type. There donotseem to be certain specific mechanisms
(such as the spin effect) for biological reactions. These biological fractionations of isotopes
have been discussed in detail by Eric Galimov (1985).

7.2.3 The effects of molecular symmetry: mass-independent
fractionation

All the effects we have examined so far fractionate isotopes according to laws propor-
tional to the difference in mass of the isotopes. Thus, in carbonate precipitation, '*0/'°0
fractionation is twice 7O/'®O fractionation. In bacterial reduction of sulfate, >*S/2S frac-
tionation is half **S/*S fractionation. However, kinetic fractionation has been discov-
ered where differences do not depend on the mass difference but on the symmetry of
the molecule. Thus, *0/'°0 and 70/'°O fractionation is the same. Mark Thiemens of
the University of California at San Diego has referred to these phenomena explaining
some fractionation observed by Robert Clayton in meteorites (Figure 7.4). He has proved
the reality of this phenomenon in the laboratory (Thiemens and Heidenreich, 1983).
These effects also occur in nature, for instance, with ozone (O3) in the atmosphere and
for sulfides in meteorites and also in Precambrian rocks. Although their theoretical
explanation is complex,” it does seem that the decisive parameter in such fractionation is
molecular symmetry.

In this sense, two molecules '°O—'20 or '*O—"0, both equally asymmetrical, should
have similar degrees of fractionation. During the ozone-forming reaction in the high atmo-
sphere (at an altitude of 50 km),which reaction is extremely important as ozone not only
absorbsultraviolet radiation and protects the Earth,

0+0,— 05
andthen

§+M—>O3—|—M

in which O3 is the excited molecule, and M is the molecule with which O} collides and
becomes de-excited.

S This explanation was given by Rudy Marcus’s team at the California Institute of Technology chemistry
department, but is quite complicated. See Gao and Marcus (2001) for an example.
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Figure 7.4 The 870, 6*®0 relation in chondrules and refractory inclusions of various meteorites (CAl,
calcium—aluminum inclusions). For these objects the correlation is of slope 1 whereas the usual
terrestrial fractionation (TF) correlation observed is of slope 1, in line with the mass difference
between O and *°0 and 0 and *°0. This discovery made by Robert Clayton et al. (1973) is
interpreted by Thiemens (1999) as mass-independent fractionation, unlike Clayton who interpreted it
as a nucleosynthetic effect, and later as a photochemical effect (Clayton, 2002).
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Figure 7.5 Mass-independent fractionation (MIF) for oxygen isotopes in atmospheric material
compared with classical mass-dependent fractionation. The line of slope 1 is MIF; the line of slope 1 is
mass-dependent fractionation.
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It has been shown that ozone of mass 54 (**0'®0'®0) is not enriched relative to '°0'°0'°0
ozone of mass 48, whereas the asymmetrical molecule '°070"™0 of mass 51 is enriched by
200%. It has also been shown that symmetrical ozone molecules 700" 0 or "*0'* 00
are depleted, whereas all the asymmetrical molecules 0”070 or 000, etc. are
enriched. This effect, which is called mass-independent fractionation and might be more
appropriately termed the molecular symmetry effect, seems to act with reactions such as
O + CO — CO,,0 + Si0 — SiO,, ete.

This is an important process in the atmosphere and seems to have played a role in the
presolar primitive nebula as a linear relation of slope 1 is found in carbonaceous meteor-
ites between 670 and §'®0 (Figure 7.5). This is an important effect but highly specific to
certain processes. It is just beginning to be exploited but already very successfully (see
below).

7.3 The modalities of isotope fractionation

7.3.1 Kinetic effects or equilibrium effects? Isotopic exchange

We have already spoken of this in the earlier chapters. Let us recall a few facts here, asitis a
very important but often neglected phenomenon. Let us bring into contact two chemical
compounds, AO and BO, with at least one element in common, for example, both having
oxygen in their formulas. One of these species has been prepared with '*O exclusively, the
other with '°0. After a certain time in contact it can be seen that the '*0/'°O composition of
the two compoundsis such that:

("0/0)x0 _
00, "

where K (T) is the equilibrium constant. In other words, the isotopes '*O and '°O have
exchanged such thatequilibrium hasbeen attained. The rate of this isotope exchange can be
measured and several phenomena observed:

(I) Itisfasterathigher temperatures.

(2) It is faster in gases or liquids than solids. If one of the compounds is a solid it
becomes very slow (in this case the rate of diffusion in the solid limits the kinetics
of the process).

(3) It depends largely on the position oxygen occupies in the steric configuration of
compounds AO and BO,” that is, the nearer oxygen is to the outside of the
molecular structure, the faster the kinetics® — this isotope exchange is essential in
geochemistry as it provides understanding of various fundamental observations
(Figure 7.6).

7 Which relates to the spatial arrangement of the atoms composing the molecule.
8 For example, in the complex ion SOy, oxygen exchanges much faster than sulfur. This is why in sulfate
water S retains the memory of its source but O does not.
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Figure 7.6 Kinetic curve showing the speed of equilibration by water—quartz exchange. The quartz has
a %0 value of 10. Three types of water with different compositions are brought into contact with the
quartz at 500 °C. The initial isotope compositions of the waters are expressed in§: A (—5), B (+5),and C
(+15). The equilibrium value is 3. It can be seen that the three equilibration curves converge towards
the equilibrium value in a matter of days. After O’Neil (1986).

Letus suppose we have areaction A — B together with kinetic isotope fractionation. If
A and B are left in contact for long enough, the isotopes of A and B swap over, and even-
tually the fractionation between A and B is of the equilibrium fractionation type. To
maintain kinetic fractionation, the initial product and the end product must not be left
in contact. An example of this is the reduction of the sulfate ion SO; ™ to the sulfide S~
(by bacteria) which goes along with an out-of-equilibrium isotope effect. If, after partial
reduction, the sulfate ion remains in contact with the sulfide ion, the system tends to
establish sulfate—sulfide isotopic equilibrium. Conversely, if the sulfide ion S*~ is in the
presence of a ferrous ion Fe? ", the following reaction occurs: 28*~ 4+ Fe*™ — FeS,. This
iron sulfide crystallizes and “isolates” the sulfide from any further isotopic exchange which
would cancel out the kinetic effect. This is why a number of naturally occurring sulfides
have isotope compositions reflecting the kinetic effect (bacterial) related to sulfate
reduction.

Isotope exchange is activated by temperature; therefore, at high temperatures,
only swift and complete isolation of the resulting product can prevent equilibrium
fractionation from taking over. In practice, except for the case of gases that escape and
become isolated, such as gases from volcanoes, it is generally difficult to observe kinetic
effects at high temperatures. In these circumstances, equilibrium effects are mostly
preponderant.
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7.3.2 A consequence: isotopic memory

As we have already said when discussing radiogenic isotopes, it is fundamental to under-
stand that all isotope geochemistry, including that of stable light isotopes, is based on the
fact thatisotope exchange in the solid phase at low temperatures is very slow and the system
isnotconstantly re-equilibrated, otherwise there would be noisotopic memory. This derives
from theissues of diffusion covered previously.

Let us take the example of calcareous fossil shells. A shell records the '*0/'°O isotope
composition of the sea water it was formed in and also the ambient temperature. Once
formed, the shell moves around with the animal that carries it and when the animal dies the
shell fallstotheseafloor. Thereitisincorporated into sediments and with them will be petri-
fied in a certain proportion and possibly, much later, will be brought to the surface on the
continents by tectonic processes. It will remain there for millions of years before a geologist
comes along and collects it for analysis. During this time, the fossil shell is in contact with
the groundwater that circulates in the outer layer of the Earth. How does the shell behave in
contact with this new water? If it is isotopically re-equilibrated with the fresh water whose &
valueisverydifferent from zero, it loses its former isotopic composition and soits paleother-
mal memory. Its isotopic composition no longer reflects the conditions of the old ocean
but the conditions of recent aqueous circulation. In fact, in most (but not all!) cases, the
shell remains compact and no isotope exchange occurs. The low rate of diffusion of oxygen
in calcite at low or moderate temperatures limits the mechanism. And all the better for geol-
ogists! They can determine the past temperature of the ocean where the animal whose shell
itwaslived.

An important phenomenon is cooling. Isotopic equilibrium among minerals is
established at high temperature. The mineral assemblage cools and so follows a decreas-
ing thermal trajectory. The isotope equilibrium constant is dependent on temperature,
and isotope reactions should continue to take place constantly matching temperature
and isotope composition. If this were so, the system would lose all memory of its past
at high temperature and isotope analysis would merely reflect the low-temperature
equilibrium. In fact, as isotope exchange at low temperatures occurs very slowly, if
cooling is rapid, the minerals often retain the composition acquired at high temperature.
But this is not always so. Cooling is not always rapid. In metamorphism especially,
exchanges are sometimes accelerated by certain factors and “initial” isotope composi-
tions are not always maintained. But as the oxygen diffusion constants of the various sili-
cate minerals are different, the temperatures indicated by the various minerals also differ.
There is a sort of disequilibrium allowing us to detect the occurrence of any secondary
effect.

All of this means that when measuring a compound’s isotopic composition we
must question the meaning of the message it carries and the time it was encoded.
Does it correspond to the period when the object formed? Is it the outcome of second-
ary phenomena? If so, what phenomena? Once again, everything is dominated by iso-
tope exchange mechanisms. The importance of these effects is attested by the answer
to the following general observation. Why is sulfur isotope geochemistry not used
more often, since it has substantial natural variations (from 460 to —40)? Because in
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many compounds, and particularly in sulfides, secondary isotope exchange occurs
very rapidly. Through this exchange, the compounds lose much of the isotope memory
of their origins. Another reason is the fact that sulfur geochemistry is highly complex
with many degrees of oxidation, etc. However, interesting results have been obtained
with sulfur isotopes.

7.3.3 Open system or closed system

The open system or infinite reservoir

When one of the reservoirs present is of infinite size (or is in direct contact with aboundless
reservoir) the modalities of isotope fractionation are governed by the initial fractionation
conditions and by conditions related to subsequent isotope exchange. No mass balance
effect disturbs the relation between # and «:

0= Qequilibrium 0 = Quinetic, OT 0 = amixed,

dependingon the nature of the initial fractionation and the subsequentisotope exchange. If
the isotope composition of the infinite reservoir is Ry, the “large” reservoir imposes its iso-
tope composition through the fractionation factor:

R=aRpand § ~ &y + (a — 1) 1000.

Exercise

Sea water has a 80 value of 0. Liquid—vapor fractionation at equilibrium at 20°C is
a=1.0098. What is the composition of the water vapor evaporating if it is in equilibrium
with the water?

Answer
The fractionation factor (**0/1€0),,.,/ (180/160) o =1/a=0.99029. Therefore (o —1)=
—0.0097, or §*80 = —9.7%. “

The closed system

Where the system is closed, a balance effect is superimposed on the modalities described.
We note the isotope composition of the initial system R and assume that from there two
compounds, A and B, are produced with isotopicratios R4 and Rz We can write an isotope
fractionation law (without specifying whether it is for equilibrium or not) characterized by
A, and an atom conservation equation. This gives: Ry = Rax + Rp (1 — x), where x is the
molar fraction of the element. In § notation, this gives:

50 = an +5B(1 — x) 01‘50 = (5A —5}3))6 —1-5}3 01‘50 = AABpX +5B-

Exercise

Let us consider bacterial reduction SO2~ — S2~ by Desulfovibrio desulfuricans. The kinetic
fractionation factor 3*S/32S between sulfate and sulfide at 25 °C is 1.025 (Harrison and



m The modalities of isotope fractionation

Thode, 1958). Let us suppose that bacterial reduction occurred in oceanic sediment that was
continually supplied with sulfate ions. The sulfate stock can therefore be considered infinite.
What is the composition of the S*~ on the ocean floor if the §*S of the sulfate is +24?

Answer
Applying the equation Axg =103 In a gives A = +24.6.

Osuifate — Osulfide = +24.6 hence it can be deduced that &5, ir4e = —0.6.

Exercise

Let us suppose now that the sediment becomes isolated from the ocean and is no longer
supplied with sulfate ions and that the same phenomenon occurs. The quantity of organic
matter is such that the proportion of sulfur in the state of sulfate is 1/3. Suppose that, in the
initial state, all of the sulfur was in the sulfate state at %S =+24. What is the isotope
composition of S>~? What is the isotope composition of the sulfate?

Answer
We apply the equation:

50 = AppX +63,or63 :50 — ApgX.

From this we obtain ;- = 15.8,ds0, = 40.4.

As seeninthe previous exercise, the result is markedly different for an open system, as the §
valueis then positive. The effect of the closed system has shifted the isotope values of the sul-
fate and sulfide, but not the fractionation factor, of course! (The limiting cases where x =0
and x = Ishould be examined.)

However, a flaw can be found in the foregoing reasoning. If the sulfides remained in a
closed system as ions long enough, it might be that there was some isotopic exchange and
that the sulfate and sulfide attained thermodynamic equilibrium. In this case a = 1.075 at
25°C (Tudge and Thode, 1950). Repeating the calculation with this value gives
534su1ﬁde =0.14and 534su1fate =724,

Intermediate scenarios canbeimagined and therefore, in nature, the values will probably
beintermediate ones.

Asjust seen, then, widely different isotope values are obtained for the same phenom-
enon but different modalities. It is probably the diversity of modalities that accounts for
the greatisotopicvariation in sulfides of sedimentary origin (Figure 7.7).

Distillation

Here we look at a rather special (but widely applicable!) case where the system is closed but
where the productisisolated as it forms. Let X, and Xjrepresentthe number of atoms ofthe
twoisotopes. Ateach momentin time, we have:

dXs/dX;
dA/dan
(X2/X1)A
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Figure 7.7 Analysis of 3*S/32S isotope composition in the main terrestrial reservoirs. Notice that the
domains are very extensive for all reservoirs. This corresponds to highly variable reducing conditions to
which sulfur is subjected.

where amay be an equilibrium or kinetic value, d X is the quantity of isotope 2 of Awhich is
transformed into B, and d X; is the quantity of isotope 1 of Awhich is transformed into B. By
separating the variables and integrating, we get:

Xy = XY
therefore:

(Xo/X1)p= X7

Attimer =0 (X,/X1), = (X2/X1)gand X; = X, therefore:c = (X»/X)) 1.
Hence: v

(Xo/X1) = (Xa/X1)o (X1 /X10)"

If the transformed remaining fraction of Xj is called f, we get the famous Rayleigh distil-
lation law:

Ra = Rof 1.



m The modalities of isotope fractionation

6— /IIH

7 1
_ 20 OR =099,/ / B
o - =099
x
2®)
~ a=1.01 I
08 06 04 0.2 -1 -2
f Inf

Figure 7.8 Changes in the instantaneous isotopic composition of a reservoir (6R) and an extract (JE)
during a Rayleigh distillation process as a function of the partition coefficient (1.01 and 0.99
respectively). We have iext-res > 1, Qext-res =1, and extres <1 and an initial isotopic composition of
the reservoir §og=0; fis the remaining fraction of the reservoir and (1 — f) the extent to which the
reaction has progressed. After Fourcade (1998).

Figure 7.8 shows the Rayleigh law as a function of fwhere o > 1 and o < 1.We shall see that
the effects are opposite but are only extreme when fis very small. We see how A evolves, and
also B, for which, of course, we have

Rz = aRof* .

The mean composition of A iswritten:

o fa -1
Ry=R — .

4 A0 ( 1
Itcanbeseen that when fis small, the compositions of the two compounds seem to converge.
And yet their partition coefficient remains constant! But it is clear that as small variations
in flead to large variations in 8, the optical illusion gives the impression of convergence.

Notice too that when f=0, R= Ra, because of course “matter is neither created or
destroyed”as Lavoisier said (exceptin nuclear reactions at high energy!).

Exercise

Find the Rayleigh formula expressed in &.

Answer
8 =06,+10% (@ — 1) In f. See the next exercise.

Exercise

Let us go back to our example of the formation of sedimentary sulfides. For the time being, we
assume that as soon as the sulfide is formed, it reacts with iron dissolved in solution and
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forms FeS,, without isotope fractionation (in fact, things are more complex than this). Being
heavy in its solid state, the iron sulfide settles out and is removed from contact with the
sulfates. This is a distillation effect. Given that in the end sulfates make up only one-third,
what are the sulfide compositions?

Answer

The initial § 3*S is still +24. The kinetic coefficient « is 1.025. Let us first apply the Rayleigh
equation, which we can use in a handier form with §. Its mathematical form invites us to shift
to logarithms. The formula becomes:

INR=InRo+ (a—1) In f.

Given that R=Rs (1 +6/1000) with the logarithmic approximations In(1 + ¢) ~ ¢, and approx-
imating the two terms In Rs, we get:

8§=00+103(a—1)In f.

This is the form we shall use. The final composition of the sulfates is § =24 + 25 In(1/3) =
24 427.7=51.7.

The sulfides precipitating in the end have a J value of +27.1. The average sulfide is
obtained by the balance equation Js average = +10.4.

Exercise

In the first quantitative studies to estimate the degassing rate of magmas, Francoise
Pineau and Marc Javoy (1983) of the Institut de Physique du Globe in Paris measured the
13¢/**C partition coefficient of CO, in a magma at 1200 °C and found 4.5%. (CO, being
enriched in *3C). Let us take a basalt with an initial 5*°C value of —7. After degassing we find
&"C = —26%o, with a carbon content of 100-150 ppm. If we assume a Rayleigh distillation,
what is the extent of degassing of the magma? What was the initial carbon content of the
magma?

Answer
We apply the Rayleigh law in &:

& — 8, =1000(a—1) Inf.

Hence: —20=4.5 In fand f=0.011, therefore the magma was degassed to 98.8%. Its initial
carbon content was therefore 9000-13 000 ppm.

EXAMPLE

Isotopic evolution of a cloud shedding rain

A cloud forms over the sea. It then migrates over a landmass or migrates to higher latitudes
and loses rain. It is assumed that the cloud formed by the evaporation of sea water and that
the fractionation factor for the oxygen isotopes remains constant at a« =1.008. Figure 7.9
summarizes the isotope evolution of the cloud and of the rain that falls as it evolves. It is
described by a simple Rayleigh distillation.
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Figure 7.9 Rayleigh distillation between a cloud and rain for §*80. The liquid (rain) is continuously
removed. The vapor fraction is 1 — f. After Dansgaard (1953).

7.3.4 Mixing

Aswehavealreadyseen several times, mixing of two sources is an extremely important phe-
nomenon in geochemistry. Forexample, seawater isa mixture of the various inputs of rivers,
submarine volcanoes, rain, and atmospheric dust. We have a mixture of two components
Arand A, with isotopic compositions:

XA XB
(H)f‘“d (ﬁ)g

Theisotope composition of the mixture s:

() =G G4
m

VA),, TAI+YAy VA 04,
Ifweposit:
A and ! 1
—— =X —— =1 —x
YA, + YAy ! YA, + VA, b

and if we write the ratios
x/yR :x/y Ry, =/ Rix1 _‘_x/y R2(1 - .Xf]),

then replacing R by the  notation gives:
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Om =01x +52(1 — xl).

We find a familiar old formula!

Exercise

Carbonates have a *3C/*?C isotope composition expressed in §*3C of 0%.. Organic products
precipitating on the sea floor have a §*3C value of —25%o. What is the mean value of §*3C of
the sediments, given that 80% of the sedimentary carbon is in the carbonates and 20% in the
organic products?

Answer

The main isotopic component of carbon is *2C. Therefore x and (1 —x) are 0.2 and 0.8,
respectively. This gives 0.2 x (—25%o) + 0.8 x 0%o = —5%o. The average composition of the
sediments is therefore —5%o.

Mixingina correlation diagram of two isotope ratios obeys the equations already developed for
radiogenic isotopes. Let the two elements whose isotopes are under study be A and B.
Remember that ifthe (Ca /Cg) ratio is constant for the two components of the mixture, the mix-
tureis represented by a straight line. If the two ratios are different, the mixture is represented by
ahyperbolawhose direction of concavity is determined by the concentration ratios of A and B.

7.4 The paleothermometer

In some sense, paleothermometry is to stable isotopes what geochronometry is to radio-
genicisotopes, both an example and a symbol.

7.4.1 The carbonate thermometer

Anexample of thisfield of research hasbecome alegend of sorts. In1947, Harold Urey (1934
Nobel Prize winner for his discovery of deuterium, the hydrogen isotope *H) and
Bigeleisen and Mayer published two theoretical papers in which they calculated isotope
fractionation occurring in a series of chemical equilibria. In 1951, while professor at
Chicago University, Urey and his co-workers used his method of calculation to determine
the isotope equilibrium of carbonate ions CO%‘ and water (H,0) and calculated the isoto-
pic fractionation that must affect the '*O and '°O oxygen isotopes whose common natural
abundances are 0.205% and 99.756%, respectively. The (180/ 16O)Carbonate/ (180/ 16O)Water
ratio must be a function of the temperature at which the two species are in equilibrium. The
variations Urey predicted were small but could be measured, after converting the CO%‘
into CO, gas, on the double-collection mass spectrometer already developed by Alfred
Nierand hisstudents atthe University of Minnesotaatthe time. This fractionation was mea-
sured experimentally by Urey’s team with the special involvement of Samuel Epstein, who
was to become one of the big names in the speciality. Together, they developed the simple
thermometric equation (in fact, the original coefficients were slightly different):

Toc =165 — 43 (5(1:803 - 6}520) +0.13 (5(1:803 - 5510)2
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where T-c is the temperature in degrees centigrade, and 61C803 the isotope composition of
the CO, extracted from the carbonate, which is expressed by a deviation from the reference
carbonate sample:’

(180/]60)

S 18 CO;, carbonateX
COo; —

180/160
(or“o)

(1010

CO,, standard . 103.

CO», standard

The standard chosen is a reference limestone known as PDB. The Chicago team decided to
useits carbonate thermometer to measure geological temperatures. To do this, they chose a
common, robust fossil, the rostrum (the front spike on the shell) of a cephalopod known as
a belemnite that lived in the Jurassic (—150 Ma) and was similar to present-day squids.
Suppose that in the course of geological time, the isotopic composition of oxygen in sea
water had remained constant at§'*0 = 0. Then the '"*0/'°O oxygen isotopic composition of
the carbonate of the fossils reflects the temperature of the sea water in which the shell
formed. This isotope composition became fixed when the carbonate was incorporated as
calcite crystals in the fossil shells (as solid-phase reactions at low temperature are very slow,
there is little chance that the composition was altered by secondary processes). By measur-
ing the isotope composition of fossils, it is possible to determine the temperature of the
ancient seas. To confirm this idea, the Chicago team therefore measured a series of belem-
niterostra fromvarious geographic areas and of different stratigraphic ages (Figure 7.10).

The results, first announced in preliminary form at the 1950 annual meeting of the
Geological Society of America were spectacular and immediately claimed the attention of
the entire geological community. Let us summarize them.

At the scale of the planet, for the Jurassic, when belemnites lived, isotope temperature
obtained varied from 12 to 18 °C. These are likely and coherent temperatures; likely because
other paleoecological indicators are in agreement with them, coherent because variations over
time in various measurements in various parts of the world concord. Thus it has been deter-
mined that the maximum temperature was in the Late Cretaceous, using samples from a single
area (Sweden, Britain) or samples including fossils collected from North America and Europe.

Encouraged by these worldwide results, the Chicago scientists set about dissecting indi-
vidualrostra. Each rostrum is made up of concentriclayers which are evidence of belemnite
annual growth. Layer-by-layer analysis revealed regularly alternating temperatures. There
were therefore summers and winters at the time! They even managed to show thatone parti-
cularindividual wasborninthe falland died in springtime!

Exercise

The standard chosen for oxygen is SMOW (520 = 0). McCrea and Epstein’s simplified thermo-
metric equation is:

T =165 — 4385

° This is an important detail. It is not the isotopic composition of the CO3~ that is measured but that of the
CO;, in equilibrium with the carbonate!
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Figure 7.10 Study of a Jurassic belemnite rostrum. (a) A famous figure of a cross-section through a
Jurassic belemnite rostrum. Samples were taken a different radial distances (S, summer; W, winter;
numbers of rings are counted from the outside). (b) Values of §*C and below § 20 converted directly
into temperature. The curve shows that the belemnite was born in the fall and died in spring! After Urey
etal. (1951).

The precision of measurement of oxygen isotope composition is 0.1 in § units. What is the
power of resolution in temperature of the isotope method defined by Urey?

Answer

Differentiating the formula above gives AT=4.3 Aé. So the precision is 0.43°C. One
might envisage further increasing the precision when making measurements with the
mass spectrometer to attain 0.01%, but this raises a geochemical problem: what do

the tiny differences revealed signify? We shall get some inkling of an answer in what
follows.
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This exceptional scientific success story opened the way to a new geological discipline,
paleothermometry, or the study of past temperatures on a precise scientific basis, which gave
tremendous impetus to paleoclimatology. It also encouraged researchers to forge ahead. If
stable isotopes of oxygen had yielded such significant results in their first application in geol-
ogy, itcould be hoped that the examination of other problems, other properties, and other ele-
ments would be equally successful. This hope gave rise to the work that founded stable isotope
geochemistry. However, the Chicago team’s paleothermometer was based on the assumption
that dseq water = 0 has been constant throughout geological times. As we shall see, this hypoth-
esis probably holds over the average for millions of years but not on the scale of thousands of
years which is the timescale of the Quaternaryera (Epstein ez al., 1953; Epstein, 1959).

7.4.2 The *®0/*0 isotope composition of silicates
and high-temperature thermometry

Itisrelatively easy to measure the isotopic composition of oxygen in carbonates since CO%f
reacts with phosphoric acid to transform into CO,, which can be measured directly in
double-collector mass spectrometers. It is far more difficult to extract oxygen from silicate
minerals. This means using fluorine gas or even the gas BrFs and then transforming the
oxygen into CO, by burning. Of course, all such processes should be performed with no
isotopic fractionation or well-controlled fractionation! These techniques were developed
atthe California Institute of Technology by Hugh Taylor and Sam Epstein in the late 1960s
(Epstein and Taylor, 1967).

Measuring the oxygen isotope composition of silicate minerals reveals systematic
variations with the type of mineral and the type of rock to which the mineral belongs.
These compositions can be characterized by measuring isotope fractionation between
minerals. Now, one of the great features of isotopesis thatisotope fractionation is verylargely
independent of pressure and dependent mainly on temperature.Variations in volume asso-
ciated with exchange reactions are virtually zero. Therefore isotope equilibrium reactions
are very useful for determining the temperatures at which natural mineral associations
formed. Indeed avaries with temperature and tends towards unity at very high temperatures.
Aswehavesaid, the variation of awith T'takes the form:

C 4
Ina=2B + ? + ﬁ .
The form of this equation is preserved for « and . Between two minerals m; and m, in
equilibrium:'’

Am1m2 = 5m1 - 6mz ~ A(106 T_z) + B = 1000 In «.

The term 1/7'is generally negligible. Oxygen isotopes are especially useful here. Oxygen
is the most abundant element in silicates and the '*0 and '°O isotopes fractionate in
nature in proportions that can be easily measured by mass spectrometry. Experimental
studies conducted mostly by the Chicago University group under Robert Clayton and

10 Tables usually give absolute temperatures so degrees must be converted from Celsius to Kelvin.
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Table 7.1 Isotope fractionation for mineral-water pairs

Mineral Temperature (°C) A B
Calcite (CO3Ca)  0-500 278 —2.89
Dolomite 300-500 320 —15
Quartz 200-500 338 =290
Quartz 500-800 410 —37
Alkali feldspar 350-800 313 —-37
Plagioclase 500-800 313 =37
Anorthite 500-800 209 =37
Muscovite 500-800 1.9 —3.10
Magnetite (reversedslope)0-500 —147  —3.70

Table 7.2 Results of *20 isotope thermometry based on *20/*¢0
fractionation of mineral pairs

Pair A B

Quartz—albite 0.97 0
Quartz—anorthite 2.01 0
Quartz—diopside 2.08 0
Quartz—magnetite 5.57 0
Quartz—muscovite 2.20 —0.6
Diopside—magnetite 5.57 0

Source: After O’Neil (1986) modified by Bottinga and Javoy (1975).

Jim O’Neil and supplemented by theoretical work of Yan Bottinga and Marc Javoy at the
Institut de Physique du Globe in Paris have provided a series of reliable values for coefficients
Aand B(see O’Neil and Clayton, 1964; Bottinga and Javoy, 1975; Javoy, 1977).

In the experimental procedure, the isotope fractionation between minerals and
water is measured first. This is a convenient method as isotope equilibration is attained quite
rapidly at about 80-100 °C. The fractionation between minerals is then calculated.

Tables 7.1and 7.2 show the values of coefficients 4 and Bfor various mineral —waterequili-
bria (we shall see the intrinsic importance of such fractionation later) and then for fractio-
nation between pairs of minerals.

Exercise

What is the 680 composition of a muscovite in equilibrium with water at 600 °C whose & = —10?

Answer
The A is written:

1
1.9( 10° x s | -31=-06
(873)

where A =6 usc — Owater-
From this we obtain & y,ysc = —10.6.
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Figure 7.11 Isotope fractionation curves for water and some minerals as a function of temperature
(T, or 10°/T?). Notice that the curve should theoretically converge to zero. The error is the result
of experimental uncertainty. After O’Neil (1986).
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These are shown in Figure 7.11in two ways: as a function of temperature (°C) and as a function

of 10/72 because the fractionations are linear. We plot 1000 Inc, that is A, on the ordinates,

which means we can calculate Ay aier = Omineral — O water directly. Notice that fractionation
cancels itself out at high temperatures. On the experimental curves, this convergence seems
to occur at less than A =0, but this effect is probably due to experimental errors. That would

mean that minerals and water were of the same composition at high temperatures.

EEE

Water with 8ater = —10 and rock (composed of several minerals) with an initial § value of
O(ojrock = +6 are put together. If we mix 100 g of rock and 110 g of water and heat them to
high temperature (500 °C in an autoclave) for which we take a zero overall A value, what will
be the composition of the rock and water after the experiment, given that the rock contains

50% oxygen and 90% water?

Answer
6water = arock =—4.29.

So having the values 4 and B for several minerals, we can calculate fractionation between

mineral pairs for each temperature:
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Aml —my — Aml — water — Amg— water -
Letus take the case of quartz—muscovite between 500 and 800 °C:
Aquartz—muse = 2.20 - 10%/T% — 0.6.

We can set about geological thermometry using these various pairs of minerals. Having
measured Ap,, _n,, we return to the established formula and calculate 70

In this way, the temperatures of various metamorphic zones have been determined. But,
ofcourse, much aswith concordance of ages by various methods, we must make sure the var-
ious pairs of minerals yield the same temperature.

MarcJavoy, Serge Fourcade, and the present author, atthe Institut de Physique du Globe
in Paris, came up with a graphical discussion method: after choosing a reference mineral,
wewrite for each mineral:

2
Aquartz—mineral —B= A/T .

Inaplotof A — Bagainst A, thevarious minerals of a rock in isotopic equilibrium are aligned
on a straight line through the origin whose slope (1/77) gives the temperature at which they
formed (Figure 7.12). If the points are not aligned, the rock is not in equilibrium and the tem-
perature cannotbe determined. It was thus possible to draw up a table of the thermal domains
where the main rocks were formed (Figure 7.13). These findings are consistent with indirect
evidence from mineral synthesis experiments and metamorphic zoneography.

Exercise

The 620 values of the minerals of a metamorphic rock are: quartz +14.8, magnetite +5.

(1) Calculate the equilibrium temperature of quartz—magnetite.
(2) Calculate the §*0 of an aqueous fluid in equilibrium with the rock.

Answer
(1) 481°C.
(2) +11.3.

A—>

Figure 7.12 Javoy’s method of determining paleotemperatures, used here for San Marcos gabbro. P,
plagioclase; Hb, hornblende; Px, pyroxene; Mg, magnetite; A and B are defined in the text.
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Figure 7.13 Isotope temperature of different metamorphic grades determined from pairs of minerals.
After Garlick and Epstein (1967).

7.4.3 Paleothermometry of intracrystalline isotopic
order/disorder

After the paleothermometry of silicate rocks, one might legitimately ask with hindsight
why the same approach was not adopted for low-temperature paleothermometry and
why several minerals were not used instead of calcite alone to break free of the hypothesis
of a constant ¢ value for sea water? In fact, research was conducted along these lines and,
for this, the isotopic fractionation between water and calcium phosphate and water and
silica was measured since these minerals are commonplace in marine sediments and in
particular in fish teeth for phosphates and diatoms for silica. Unfortunately, as
Figure 7.14 shows, while the fractionations are different for the three minerals (CaCOs,
CaPOy, and Si0»), their variations with temperature are parallel. They may therefore not
be used two-by-two to eliminate the unknown factor which is the isotopic composition
of sea water!

A newmethod has very recently emerged to eliminate the unknown quantity of the isoto-
pic composition of ancient water. It was developed by the new team around John Eiler at
the California Institute of Technology. It is based on isotopic fractionations existing within
a single molecular species among the different varieties of isotope (see Ghosh et al.,
2006b). Let us take the carbonate ion CO%‘ as an example. This ion comprises num-
erous isotopic varieties: 2¢l60QQ, 2Cl*0*0®0, 2C0®0%0, ..., BC0*0*Q,
BClO*0™Q, . ., etc. These are what are called isotopologs (see Section 7.2.1). Table 7.3
provides an inventory and gives their mean proportions in the “ordinary” carbonate ion.
Eachischaracterized by a different molecular mass.
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Figure 7.14 Fractionation for *®0/*°0 for various minerals with water. The curve shows clearly that
they are parallel. After Longinelli and Nutti (1973); Labeyrie (1974).

In a calcium carbonate crystal, thermodynamic equilibria in the sense of Urey occur
among the various isotopic species. Keeping to the most abundant varieties, we can write
the equilibrium:

13cl60§— + 12cl801603— PN 13cl801605— + 12cl6og—.

masses: (61) (62) (63) (60).

Theequilibrium constantdepends ontemperature. Thelower the temperature, the more the
reaction favors the right-hand members, that is the members with the heavy isotopes of car-
bon and oxygen (the most advantaged would be *C*®*0'™0'®0, but as its abundance is
94 ppt,itcanbarelybe measured). Infact, thisreaction maybe considered an order/disorder
reaction. The lower the temperature, the greater the ordering (light species with light,
heavy species with heavy). The higher the temperature, the more disordered the assembly
and the equilibrium constant tends towards unity.

Itisasmartideatousethese equilibriawithin the calcite crystal, but thereis a major dif-
ficulty in practice. Calcium carbonateisotopic compositions cannotbe measured directly
inthelaboratory (they maybe measurable one day with instruments for in sifuisotope ana-
lysis, but for the time being they are not precise enough). To measure the isotopic
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Table 7.3 Isotopologs

Mass Abundance
CO,
15012¢Cle0 44 98.40%
15010 45 1.10%
7o¢lo 45 730 ppm
Bo'2¢Clo0 46 0.40%
o8B0 46 8.19 ppm
7oR2¢l0 46 135 ppm
B30 47 45 ppm
7olC®o 47 1.5 ppm
7oBc0 47 1.5 ppm
Bo2cB8o 48 4.1ppm
ToBC®o 48 16.7 ppm
BoBcBo 49 46 ppb
CO;
12¢1601%01%0 60 98.20%
Bcl0*00 61 1.10%
2¢0'%0'"0 61 0.11%
2CB01%0%0 62 0.60%
Bc0*0"0 62 12 ppm
2¢70"0%0 62 405 ppb
B0 63 67 ppm
2C0®0'*0 63 4.4 ppm
Bc0"0'%0 63 4.54 ppb
2c"0"0"0 63 50 ppt
2cBo*®00 64 12 ppm
Bc0%0'0 64 50 ppb
2c0"0"®0 64 828 ppt
Bc070"0 64 0.5 ppt
BcBoB0%0 65 138 ppb
2co®0"®%0 65 4.5 ppb
B0l o80 65 9 ppt
20181818 66 8 ppb
BcoB0"®0 66 51 ppt
BCBO®B0®0 67 94 ppt

composition of CO? radicals theyare transformed into CO, molecules by areaction with
phosphoricacid.

The breakthrough by the Caltech team was to have developed a technique for extracting
carbonate isotope varieties and transforming them into clearly identifiable CO, molecules
and in particular for distinguishing *C®0'%0 (mass=47), >)C'%0'°0 (mass =44),
2CB00 (mass = 46), and *C'°0'°0 (mass = 45) and showing they reflect the propor-
tions of CO%f molecules (by adding '°O to each). To do this, they defined the unit Ay,
between the ratios measured for masses 47 and 44:

x 10°.

Ay = [(47/44)  (47/44)

sample reference]



m Stable isotope geochemistry

0.9

V¥ 40407 (Deep sea coral)
® Mm97-Bc (Sumatran surface coral)

0.8 [0 47413 (Deep sea coral) /O/
o v

0.7

Agy
[ ]
s
K

= -0.02
0.5 TZ
0.5
0.4 | | | | |
8 9 10 1 12 13 14
106 /72 (K)

Uplift of the Andes
A Present day |,
%)
- 150
3 ~
£ @
) 2
o ©
2 2 -
: :
< ]
25 F
1 —
30
0_
1 1

20 15
Age (Ma)

Figure 7.15 (a) Calibration of the isotopic order/disorder thermometer with the corresponding
formula. (b) Uplift of the Andes reconstructed by the isotopic order/disorder chemometer. After
Ghosh et al. (2006).
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The reference (47/44) is the ratio that would pertain if the isotopic distribution among the
varieties of isotopes were purely random. They established the fractionation curve (A47, as a
function of temperature).

The temperature can therefore be determined from a measurement of Ay, The exact
formula (between 0 and 50 °C) is:

Ag7 = 0.0592-10°T7% — 0.02.

Precisionisestimatedtobe £2 °C.

An interesting application of this method has been to determine the rate of uplift of
the Bolivian Altiplano. Samples of carbonates contained in soil were taken from the
plateau but of different ages and dated by other methods. The temperature at which these
carbonates formed was then calculated. Asthe curve of temperature variation with altitude
inthe Andesisknown, the curve of altitude versus time could be determined (Figure 7.15).

Exercise

Do you think this isotopic order/disorder method could apply to SiO, at low temperature
(diatoms)? Write the equivalent equation to that written for carbonate. What would the
isotopic parameter be? Do you see any practical difficulty in this?

Answer
Yes, in principle. The order/disorder equilibrium equation would be:

305i1602 +28 Si180160 <$30 SilSolGo +28 SilGOZ
mass : (62) (62) (64) (60)

Aes = [(64/60) - (64/60),efe,ence] x 10% (or 10* as necessary).

sample

The difficulty is that with the present-day method, Si is measured in the form of SiF, on the
one hand, oxygen being extracted on the other hand. To apply the method, direct measure-
ment by an in situ method in the form of SiO, would be required. This will probably be feasible
in the future with ion probes or laser beam ionization.

7.5 The isotope cycle of water

Let us return to the water cycle mentioned at the beginning of this chapter. On Earth, it is
dominated by the following factors.

(1) The existence of four reservoirs. A series of exchanges among the ocean, the ice caps,
fresh water, and the atmosphere make up the water cycle. It is another dynamic system.
The reservoirs are of very different dimensions: the ocean (1370 million km®), the ice
caps (29 million km?), river water and lakes (0.002 12 million km?). The transit time of
water in each reservoir varies roughly inversely with its size, each reservoir playing an
important geochemical role. Thus the quantity of water that evaporates and precipitates
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is 500 million km® per thousand years, or more than one-quarter of the volume of
the oceans."’

(2) The ocean—atmosphere hydrological cycle. Water evaporates from the ocean and
atmospheric water vapor forms clouds that migrate and may occasionally produce
rain. Thus salt water is changed into fresh water and transferred from tropical to polar
regions and from the ocean to the landmasses. The hydrological cycle has a double
effect. Clouds move from low to high latitudes and also from the ocean to the continents.
The fresh water that falls as rain over the landmasses re-evaporates in part, runs offor
seepsin, thus forming the freshwater reservoir which ultimately flows back to the ocean.

(3) Thepolarregions.When precipitation from clouds occursin polar regions, weno longer
have rain but snow. The snow accumulates and changes into ice forming the polar ice
caps. These ice caps flow (like mountain glaciers, but more slowly) and eventually
breakupinthe oceanasicebergs and mix with the ocean.

Thewhole of water circulation onthe planetand the various stages of the cyclehave been stu-
died in terms of isotopes. We have seen, when examining theoretical aspects, that when
water and water vapor are in equilibrium, oxygen and hydrogen isotope fractionation are
associated. This double pair of isotopes has allowed us to construct quantitative models of
water circulation. However, the problemsraised by these studies arenotas simple as the the-
oretical study suggested.

7.5.1 Isotope fractionation of clouds and precipitation

Acloudis composed of water droplets in equilibriumwithwater vapor.Water vapor and dro-
plets are in isotopic equilibrium. All of this comes, of course, from water which initially
evaporated.

Letustake acloud near the equator and follow it as it moves to higher latitudes. The cloud
is enriched as a whole in '°O relative to sea water, as we have seen, and so has a negative 6
value. Asit moves it discharges some of its water as rainfall. The rainwater is enriched in the
heavy isotope, and so the cloud becomes increasingly enriched in the lightisotope. The pre-
cipitation is increasingly rich in light isotopes, which effect is offset in part by the fact that
thefractionation factor varieswith1/7. Aswe move away from the equator, itcan be seen sta-
tistically that the precipitation has increasingly negative 8'*O values (Figure 7.16).

As clouds undergo genuine distillation, by progressively losing their substance, their iso-
tope composition obeys a Rayleigh law, but a “super law” because as they move polewards,
thetemperature falls, the fractionation factoralsoincreases and distillation becomes increas-
ingly effective (Figure 7.17), somuch so that at the poles the 8O values are extremely negative.

We observe geographical zoning for which the §'*0 value and mean air temperature can
berelated (Epstein ezal.,1965; Dansgaard and Tauber, 1969) (Figure 7.18).

The general cycle of clouds is repeated at local scale, when clouds move over landmasses
and progressively shed their water. Thus, fresh water has negative § values. This phenomenon
has been studied using the paired tracers "*0/'°O and D/H. Harmon Craig of the Scripps
Institution of the University of California showed that rain and snow precipitation and the

T 1 km?~10"kg.
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Figure 7.16 Fractionation of 620 in a cloud as a function of Rayleigh distillation. The cloud forms at the
equator and moves to higher latitudes, losing water. The fractionation factor varies with temperature.
Modified after Dansgaard (1964).

composition of glaciers lie on what is known as the meteoric water line: D = 8 x §'*0 + 10
in the (6D, 6'®0) diagram (Figure 7.3). The slope of value 8 corresponds to an equilibrium
fractionation between the water and its vapor at around 20 °C. We have good grounds
to think, then, that precipitation occurs in conditions of equilibrium. It was thought in early
studies of the water cycle that evaporation was also statistically an equilibrium phenomenon.
In fact, this is not so. Evaporation, which is a kinetic phenomenon in isotopic terms, leads to



m Stable isotope geochemistry

1.0140 1.140

1.0120 1.120

1.0100 1.100
1.0080 1.080

1.0060 1.060

Fractionation factor
D/H

1.0040 1.040

Fractionation factor 180/160

| | | | | |
-20 0 20 40 60 80
Temperature (°C)

Figure 7.17 Study of 80/*°0 fractionation. Liquid—vapor fractionation of H,O for **0/*®0 and D/H as a
function of temperature. Notice that the scales are different. After Jouzel (1986).
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Figure 7.18 Variation of the ®0/*°0 ratio in rainwater and snow with latitude and so with temperature.
After Dansgaard (1964).

0 contents of vapor that are much lower than they would be in equilibrium. But depend-
ing on the climate, kinetic evaporation may or may not be followed by partial isotope
re-equilibration which means the vapor composition does not lie on the straight line
of precipitation. The same is true, of course, of surface sea water, which forms the residue
of evaporation. Its *O composition is variable and depends on the relative extent of
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Figure 7.19 Relations between §*?0 and salinity. (a) Theoretical relation. P, precipitation; E, evaporation.
(b) Various measurements for the North Atlantic. NADW, North Atlantic Deep Water. After Craig (1965).

evaporation and of precipitation (which are substantial over the ocean) and of the input of
fresh water. These variations are particularly sensitive in the North Atlantic (Epstein and
Mayeda, 1953).We visualize the variations and the influence of the various phenomena that
causes them in a (§'30, S%o) plot, where S%o is the salinity of sea water (Figure 7.19). As can
beseen, thereisavery close correlation between the two. All of this shows that this is a well-
understood field of research.

EXAMPLE

Precipitation in North America

This is a map of §D and §*20 for precipitation in North America (Figure 7.20). From what has
just been said about the effect of isotope distillation of clouds, the pattern of rainfall over
North America is described. The main source of rainfall comes from the Gulf of Mexico with
clouds moving northwards and becoming distilled. This distribution is modified by several
factors. First, the relief, which means the clouds penetrate further up the Mississippi valley
but discharge sooner over the Appalachian Mountains in the east and the Rocky Mountains in
the west. Other rain comes in from the Atlantic, of course, so the distribution is asymmetrical.
Conversely rain from the Pacific is confined to the coast and moves inland little, so the lines
are more tightly packed to the west.

REEEE

From the information given since the beginning of this chapter, use theoretical considerations
to establish Craig’s equation:

150 = +8,6p +10.
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Figure 7.20 Distribution of *®0/*®0 and D/H in rainfall in North America. The *80/*0 ratios are in
brackets. After Taylor (1974).

Answer
Clouds obey a Rayleigh law:

5D ~ 6D,O T 103(O{D — 1) Inf

80 ~ 18,5 +10%(ap — 1) Inf.

This simplifies to:
6p —0po <aD = 1)
018, — 0180, ap—1)°

At 20°C, as seen in the previous problem, ap =1.0850 and cusg ~ 1.0098, hence:

op—1 ~ 8.
06180 -1
We therefore have the slope. The ordinate at the origin seems more difficult to model because
for vapor formed at 20 °C, §p o — 89200 = —6.8 whereas we should find 10. We shall not go
into the explanation of this difference, which is a highly complex problem, as shown by Jean
Jouzel of the French Atomic Energy Commission. The different aspects of the hydrological
cycle, including kinetic effects during evaporation, play a part.

7.5.2 Juvenile water

Itiswell known thatin the water cycle, thereis an input from hot water from the depths of the
Earth. It was long thought that this hot water was the gradual degassing of water trapped by
the Earth when it first formed, as with the primitive ocean. If this were so, this water would
progressively increase the volume of the hydrosphere. Water from deep beneath the surface
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Figure 7.21 Correlation diagram for (**0/*°0, D/H) in geothermal waters. They form horizontal lines
cutting the meteoric straight line at the point corresponding to local rainwater. This is interpreted by
saying that water has exchanged its oxygen isotopically with the rock but the hydrogen of water does
not change because it is an infinite hydrogen isotope reservoir compared with rocks that are relatively
poor in hydrogen. After Craig (1963).

is still referred to as juvenile water. Harmon Craig (he again) studied geothermal water to
determine the isotope composition of any juvenile water. He showed that the § values of
geothermal waters from the same source can be plotted on a (6D, §'%0) diagram on straight
lines pretty well parallel to the §'80 axis and which cut the straight line of precipitation cor-
responding to the composition of rainwater for the region. And so the composition of
geothermal water can be explained by the evolution of meteoric water via isotope exchange
of oxygen with the country rock. There is no need to invoke juvenile water from the mantle
to explain these isotope compositions (Figure 7.21).

Asthese relations are systematic for all the geothermal regions studied, Craig concluded
thatthe input of juvenile water into the current water cycle is negligible and that geothermal
waters are only recycled surface water. The same goes for water from volcanoes. This
hypothesis has been confirmed by more elaborate studies of variations in the isotope com-
position of geothermal water over time. In many cases, it has been shown that variations
tracked those observed in the same place for rainwater, with a time lag corresponding to the
transit time whichvaried from months toyears.'”

Iceland’s geysers

In some instances, such as the geysers of Iceland, the straight line of (6D, 5*20) correlation is
not horizontal but has a positive slope (Figure 7.22).

12° A spa water company signed a research contract with a Parisian professor to study the isotopic
composition of the water it sold to prove it was “‘juvenile” water, a name whose advertising value can
be well imagined. As the studies showed the water was not juvenile, the company terminated the
contract and demanded that the results should not be published!
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Figure 7.22 Correlation diagram for (*30/*°0, D/H) in acidic geothermal waters and geysers. The diagram
is identical to the previous one except that these are acidic geothermal waters with a high sulfate content
whose pH is close to 3 and for which the correlated enrichment in D and *®0 results mostly from more
rapid evaporation of light molecules with kinetic fractionation into the bargain. After Craig (1963).

Suppose we begin with rainwater of local composition and that this water undergoes
distillation by evaporating. Then:

6D ~ 60,0 + 103(aD — 1) Inf.
60 ~ 80,0 +10°(a*¥0 — 1) Inf.

Eliminating In f gives:

6p—6op _(ap-1
5130 7518070 - <CM0 — 1) '

We know that at 100 °C, for water—vapor fractionation, ap=1.028 and 6*80=1.005. The
slope corresponds to 5.6, a lower value than that of equilibrium fractionation (8). The effect is
therefore a combination between exchange and distillation.

In fact, in nature, isotopic compositions of geothermal water or vapor are combinations
between Rayleigh distillation and the water—rock oxygen isotope exchange, between kinetic
fractionation and equilibrium fractionation. A horizontal slope indicates that isotope
exchange has been possible and so the transit time is long. When the slope is identical to
that of the Rayleigh law, the transit time has been short.

7.6 Oxygen isotopes in igneous processes

Examination shows that the "*0/'°0 isotope composition of unaltered rock of deep origin,
whether ocean basalts or ultrabasic rocks, is extraordinarily constant at 650 = +5.5
(Figure 7.23). This value is analogous to the mean value of meteorites. It has therefore been
agreed that this value is the reference value for the mantle. When taking stock of measure-
ments on basic or acid, volcanic or plutonic igneous rocks, the results are found to divide
between:
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Figure 7.23 Values of §*®0 in rocks and minerals. After Taylor (1974).

e igneousrockswitha 'O value greater than 5.5;
e igneousrockswitha 'O valueless than 5.5, and some with negative values.

These two trends correspond to two types of phenomena affecting igneous rocks: contami-
nation by crustal rocks and post solidus exchanges with hydrothermal fluids.

7.6.1 Contamination phenomena

These phenomena are classified under two types: those involving mixing at the magma
source where melting affected both acidic and basic metamorphic rocks, and those
where contamination occurred when the magma was emplaced. The latter process,
known as assimilation, obeys a mechanism already accounted for by Bowen (1928).
Mineral crystallization in a magma chamber releases latent heat of crystallization.
This latent heat melts rock around the edges of the magma chamber leading to their
assimilation.
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m| L=m7 CpAT,

where Listhelatentheat, m | the mass of crystals precipitating per unittime, 717 the mass of
rock assimilated, Cpthe specificheat of the surrounding rocks, and A T'the temperature dif-
ference between the wall rock and the magma. If we can write m| = kM, then kML =m|
Cp AT, therefore:

<mﬁT> - (CfiT)'

The magmais contaminated isotopically too by the mixing law:

(6"0)pty = (6"0) ygma (1 = x) + (6°0)

magma country rock (x)

with x = (m | /M), because the oxygen contents of the country rock and the magma are
almost identical. This was shown by Hugh Taylor (1968) of the California Institute of
Technology (see also Taylor, 1979).

Exercise

What is the §*80 value of a basaltic magma whose 60 =0 and which assimilates 1%, 5%,
and 10% of the country rock whose 620 = 4-20?

Answer
Assimilation
1% 5% 10%
520 5.64 6.22 6.95

The contamination effect therefore increases the §'®0 value because sedimentary and
metamorphic rocks have positive §*20 values. An interesting approach to studying the
contamination of magmas by continental crust is to cross the studies of oxygen isotopes
with those of strontium isotopes. The (O-5Sr) isotope diagram can be calculated quite simply
because it is assumed that the oxygen content is analogous in the different rocks. The mixing
diagram depends only on the Sr contents of the two components of the mixture. Figure 7.24 is
the theoretical mixing diagram.

Such combined studies have been made of volcanic rocks of the Japan arcs and the
Peninsular Range batholith in California (Figure 7.25).

Exercise

A basaltic magma is emplaced and assimilates 1%, 5%, and 10% of the country rock. The 580
values are those of the previous exercise. The 3’Sr/2°Sr values are 0.703 for the magma and
0.730 for the country rock. The Sr content of the magma is 350 ppm and that of the country
rock is 100 ppm. Calculate the isotopic compositions of the mixture and plot the (520,
87Sr/8%Sr) diagram.
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Figure 7.25 Example of an O-Sr isotope correlation diagram showing the Japan arcs and batholith
granites in California. After Ito and Stern (1985).

Answer
The 880 values have already been given.

Assimilation

1% 5% 10%

875r/8%sy  0.70308  0.7034  0.70394

It is left to the reader to plot the diagram.
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7.6.2 Water—rock interaction

As we have said, isotope memory is retained if no exchange occurs after crystallization.
When this is not the case, secondary isotopic disturbances can be turned to account. Hugh
Taylor and his students observed when examining various granite massifs or hydrothermal
mineral deposits that the '*0/'°0 isotope compositions had been disrupted after their
initial crystallization by water—rock exchanges. The calibration made on water—mineral
fractionation was therefore turned directly to account.

Whereas the 6'°0 values of minerals and rocks of deep origin are generally positive
(between +5 and +38), these rocks had negative §'°0 values of —6 to —7. In the same cases,
relative fractionation as can be observed between minerals, such as quartz—potassium
feldspar fractionation, was reversed. Taylor remembered Craig’s results on thermal waters
and postulated that, rather than observing the waters, he was observing rock with which
the waters had swapped isotopes. From that point, he was able to show that the emplace-
ment of granite plutons, especially those with associated mineral deposits, involves intense
fluid circulation in the surrounding rock. Of course, the existence of such fluids was already
known because they give rise to veins of aplite and quartz pegmatite and they engender cer-
tain forms of mineralization around granites, but their full importance was not
understood.

Inaclosed system, we can write the mass balance equation:

Wegwdow + Rg:Oor = Wgyow + Rg:Or

where W is the mass of water and R the mass of rock, g, is the proportion of oxygen in
the water and g, the proportion of oxygen in the rock, §p and &y are the initial
compositions of water and rock, and & -and d i are the final compositions thereof.

x=(0) G s)
R gw) \Oow —0w)’

since dyyand J i are related by fractionation reactions &y =6 g — A. This gives:

V_V:(&X Or—0or ) 8 05
R gw/) \Gow — (Or — A) 8w o

Indeed, g, = 0.45and g,, = 0.89.We estimate §,, r from the nature of the rock and the catalog
of sound rock (close to +5), and we estimate A by calibrating and estimating temperature
by fractionation among minerals. This temperature can be compared with the temperature
obtained by theheat budget.

A calculation may be made, for example, for a feldspar with§'°0 = +8 and & wiso = —16
at various temperatures (Figure 7.26a). It shows that in a closed system, the W/ R ratios may
be extremely variable.
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Figure 7.26 Variation in 80 composition and (5D, §*20) correlation diagram. (a) The variation in the §*20
composition of a feldspar with an initial composition § =+18 is calculated as a function of (W/R) for
various temperatures, with the initial composition of water being § = —16. (b) It is assumed the altered
rocks are represented by the blue area in the (D, §'®0) diagram. We can try to determine the initial
composition of the fluid by assuming, as a first approximation, that the 8D values of the rock and water
are almost identical. The intersection between the horizontal and the (5D, §*20) correlation diagram of
rainwater gives the value of water involved in alteration. Reconstructed from several of Taylor’s papers.

REEEE

What is the W/R ratio of a hydrothermal system supposedly working in a closed system at
400°C?

The initial §'®0 value of feldspar is +8, that of the water determined by the meteoric
straight line is 8o, w= —20. The Afeidspar—water fractionation factor is 3.13 x 10° T "> — 3.7. The
880 of feldspar is measured as §g= —2.

Answer
The fractionation factor A = 3.13-106/(673)> — 3.7 = 3.21 = 8 — Sw(W/R) = 0.34.
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Exercise

Let us now suppose the W/Rratio =5, that is, there is much more water. All else being equal,
what will be the 620 value of the feldspar measured?

Answer
80 =—-14.54.

The process described in the previous exercise involves a double exchange and itis either the
water or the rock that influences the isotopic composition of the other depending on the
W/R ratio.

Allowing for the point that A varies with temperature, a whole range of scenarios can be
generated.

Exercise

Let us pick up from where we left off in the previous exercise. Imagine an exchange between
sea water and oceanic crust whose o g =+5.5. The exchange occurs at W/R=0.2. What will
the isotope composition of the water and rock be?

Answer
At high temperature A = 0; maintaining g,/gw = 0.5 gives &,ock = +3.64 and Syater = +3.64.

Exercise

Let us imagine now that the water is driven out of the deep rock and rises to the surface and
cools to, say, 200 °C. It attains equilibrium with the country rock and its minerals. If the rock
contains feldspar, what will the isotope composition of the feldspar be?

Answer
At 100 °C, Afejdspar-water =10. Therefore the feldspar of the rock will have a 6 value of
13.92 ~ +14.

It can be seen from the water cycle in the previous exercise that hydrothermal circulation
reduces the d value of deep rocks and increases the § value of surface rocks. (This is what is
observed in ophiolite massifs.)

7.7 Paleothermometry and the water cycle:
paleoclimatology

We have just seen how hydrothermalism can be studied by combining information on the
isotope cycle of water and that of isotope fractionation. We are going to see how these two
effects combine to give fundamental information on the evolution of our planet and its cli-
mate. After the initial impetus from Cesare Emiliani at Miami University and Sam
Epstein atthe California Institute of Technology, Europeanteamshavebeenthe moreactive
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ones in this field: for sediment paleothermometry, the teams from Cambridge and Gif-sur-
Yvette; for glacial records, those from Copenhagen, Berne, Grenoble, and Saclay.

7.7.1 The two paleoclimatic records: sediments and polar ice

Carbonate paleoclimatology
In order to use oxygen isotopes as a thermometer, we must, strictly, know the 80 values of
two compounds in equilibrium: water and carbonate. The formula established by Urey and
his team for the carbonate thermometer draws on & g(?cm and ¢ 1:80. In a first approach, the
Chicago team had considered tlllgat O0H,O0, thatis the 6 of sea water, was constant over geologi-
cal time and therefore that the CSCO3 measurement gave paleotemperatures directly. The dis-
covery of extreme 'O values for Antarctic ice challenged this postulate. If the amount of
Antarctic ice lost every year into the ocean varies, the 8O value of the ocean must vary
too, since this ice may have §'*O values as low as —50. In this case, the hypothesis of constant
6H,0 isuntenable and it seems that temperatures cannot be calculated simply. On the other
hand, if the dissolution of Antarcticice in the ocean varies in volume, this phenomenon must
berelated to climate and therefore, tosome extent, must reflect the average global temperature.
The first idea developed by Emiliani in 1955 was therefore to measure the §'*O values of
carbonate foraminifera in Quaternary sediment cores for which (glacial and interglacial)
climatic fluctuations have longbeen known.Variations in isotope composition are observed
(Figure 7.27) and seem to be modulated by glacial and interglacial cycles and more
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Figure 7.27 The first isotope determination using §*®0 of Quaternary paleotemperatures by Emiliani
(1955) compared with glacial-interglacial divisions by Ericson. (Globorotalia menardi is a foraminifer.)
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Figure 7.28 Variation in *20 in samples of two species of foraminifer. Top: a pelagic (ocean surface)
species. Bottom: a benthic (ocean floor) species. Modified after Duplessy et al. (1970).

specifically to follow the theoretical predictions of the Yugoslav astronomer Milankovitch.
Are these variations a direct effect of temperature on (carbonate—water) fractionation or
arethey the effect of '*O dilution by polar ice? The question remained unanswered.
Theformula:

180 180 180 180 \ 2
T.c =169~ 42(8co, — O ) +0.13(8cito, — O

shows us that that two effects work in the same direction. When T increases,
(6CaCO3;—3dH,0) fractionation decreases and 50 5CdC03 decreases if 6H,O remains
constant. If, with constant local A fractionation 5H o decreases for want of polar ice then
5CdCO also declines. Nick Shackleton of the University of Cambridge suggested that the
B0/ 160 variations measured in forams were the result of fluctuations in the volume of
polarice, aclimate-related phenomenon.

Jean-Claude Duplessy and his colleagues in the Centre National de la Recherche
Scientifique (CNRS) at Gif-sur-Yvette had the idea of comparing 60 fluctuations of
surface-living (pelagic) foraminifera and bottom-dwelling (benthic) foraminifera. It is
known that the temperature of the deep oceanvaries littlearound 44 °C.

In conducting their study they realized that §'*O fluctuations of pelagic and benthic spe-
cies were very similar (Figure 7.28). At most, extremely close scrutiny reveals an additional
fluctuation of 2%o in the 8'°0 of pelagic species, whereas no great difference appears for the
same comparison with 8'3C. This means, then, that the §"®O variations in foraminifera
reflect just as much variation in the § value of sea water as variations in local temperature.
Thesignal recorded is therefore meaningful for the global climate (Emiliani, 1972).

Infact, more recent studies have confirmed that, for pelagic species, some 50% ofthe sig-
nal reflects a Urey-type local temperature effect (remember that when temperature rises
880 falls), above all in the temperate zones, and 50% the effect of melting of the polar ice



I!:E’ Paleoclimatology

caps. For benthic species, the dominant factor is the isotopic fluctuation of the ocean as
Shackleton (1967b) had surmised. In addition, Duplessy’s group and Shackleton estab-
lished that an additional isotope fractionation occurred which was characteristic of each
species of foraminifera studied. But those “vital effects” were calibrated and so isotopic
measurements on different species could be made consistent with each other.

Exercise

We have just seen that the §20 variation of foraminifera was mostly due to §'°0 variation
because of melting ice. Let us look more closely at the quantitative influence of melting polar
ice on §*®0. Imagine an intense glacial period when the sea level falls by 120 m. What would
be the volume of polar ice and the §*20 value of sea water?

Answer

The ocean surface area is 3.61 - 10 km?. The volume of the ocean is 1370 - 10° km>. The
volume of present-day polar ice is 29 - 10° km?. If the sea level is 120 m lower, 46 - 10° km?>
has been stored in the ice caps, corresponding to a mass fraction of the hydrosphere of 3.3%.
The polar ice caps were 1.6-2 times larger than today.

If we take the 820 value of ice as —50%o, then —50%o x 0.033 = —1.65%. There is indeed a
difference in §*20 of this order of magnitude between glacial and interglacial periods. Notice
that, as with radiogenic isotopes, these effects could not be detected if we did not have a very
precise method for measuring §*20.

Glaciers

Another interesting application of this fractionation was begun on glaciers independently
by Samuel Epstein of the California Institute of Technology and (more systematically and
continuously) by Willi Dansgaard of Copenhagen University. When a core of polar glacier
iceis taken, it has layers of stratified ice which can be dated by patient stratigraphy and var-
ious radiochronological methods. Now, the study of these ice strata reveals variations in
80 and 8D (Dansgaard, 1964; Epstein et al., 1965; Dansgaard and Tanber, 1969)
(Figures 7.29 and 7.30).

For a single region such variations are analogous and mean the sequence of one glacier
can be matched with the sequence of a neighboring glacier. An isotope stratigraphy of
glaciers can be defined. We can venture an interpretation of these facts in two ways.
Either we accept that the origin of precipitation has varied over recent geological time
and we then have a way of determining variations in the meteorological cycle of the past.
Or we consider that the fractionation factor has varied and therefore the temperature has
varied.

Research by Dansgaard and his team on the ice first of Greenland and then of
Antarctica showed that the temperature effect is predominant. By simultaneously
measuring isotope composition and temperature, he showed that the §'*0 and 6§D
correlation did indeed correspond to this effect. Moreover, the qualitative rule is the
reverse of the carbonate rule: when the temperature rises, both 880 and 8D increase,
because fractionation diminishes with temperature; but the § values are negative and so
move closer tozero (Figure 7.31). A simple empirical ruleis that whenever the temperature
rises by 1°C, 8O increases by 0.7%o
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circles) species of foraminifer from the Antarctic Ocean. The §*3C variation (above) is represented to
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We can investigate why & :;?0 fluctuation is very important for foraminifera and why it is
the local temperature effect that dominates with ice. Because isotope fractionation at very
low temperatures becomes very large and dominates isotope fluctuation related to the
water cycle. But we shall see thatthis assertion must be qualified. Modern studies of isotope
fluctuations of glaciers use a combination of both effects, local temperatures and isotopic
changesinthewatercycle, as for foraminifera, but with different relative weightings.

7.7.2 Systematic isotope paleoclimatology of the Quaternary
We have justseen there are two ways of recording past temperatures.

(1) Oneisbasedon§'®Oanalysis offossilshellsinsedimentaryseries (marine and continen-

tal cores).
(2) Theother uses 8O analysis ofaccumulated layers of ice in theice caps.

Both these methods have progressively converged to allow very precise studies of climatic
fluctuations in the Quaternary and more especially for the last million years. Nick
Shackleton and Willi Dansgaard shared the Crafoord Prizein recognition of their comple-
mentary achievement. Each method has its limits, and itis only gradually that we have been
able to compare and use both types of records in a complementary way to decipher climatic
variations that have affected our planet over thelast millionyears and which consist in alter-
nating glacial and warmer interglacial periods.
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Core sampling (sequential records)

Cores of marine sediments can be taken from all latitudes and longitudes (in the ocean and
from continents and lakes); however, two conditions restrict their use. First, sedimentation
must have occurred above the “carbonate compensation depth” for there to be any measur-
able fossil tests left. And second, sedimentation must have been very rapid to provide a
record with good time resolution. Sedimentary cores have no time limits other than the life-
span of the ocean floor. Quaternary, Tertiary, and Secondary cores can be studied up to
120 Ma, which is the age of the oldest remnants of oceanic crust that have not been swal-
lowed up by subduction (ancient cores are compacted and transformed into hard rocks and
sotime resolution isnotas good).

For ice caps, the first problem is, of course, their limited geographical and temporal extent.
Geographically, records are primarily from the glaciers of Antarctica and Greenland.
Mountain glaciers have also recorded climatic events but over much shorter time-spans.”

Ice caps are limited in time. For a long time, the longest core was one from Vostok
in Antarctica covering 420 000 years. A new core of EPICA has been drilled and covers
700 000 years. Cores from the big mountain glaciers go back a mere 2000 years or so. For
both types of record — sediments and ice — precise, absolute dating is essential, but here
again many difficulties arise. Especially because as research advances and as studies
become ever morerefined forever smaller time-spans, the need for precision increases con-
stantly. There is scope for '*C dating and radioactive disequilibrium methods on sedimen-
tary cores, but their precision leaves something to be desired. Useful cross-checking canbe
done with paleomagnetism and well-calibrated paleontological methods. In turn, the oxy-
genisotopes of awell-dated core canbe used to date the levels of other cores. Thus, gradually,
amore or less reliable chronology is established, which must be constantly improved. Dating
is difficult onice caps except for the most recent periods where annual layers can be counted.
Methods based on radioactive isotopes such as 4¢, 9Be, 3°Cl, ¥Kr, and *’Ar are used, but
they are extremely difficult to implement both analytically (ice is avery pure material!) and in
terms of reliability. Switzerland’s Hans Oeschger (and his team) is associated with the devel-
opment of these intricate techniques for dating ice, which, despite their limitations, have
brought aboutdecisive advancesin deciphering theice record (Oeschger, 1982).

These clarifications should make it understandable that establishing time sequences of
recordsis adifficult and lengthy job that is constantly being improved. All reasoning should
make allowance for this.

Deciphering sedimentary series and the triumph of Milankovitch’s theory
Between 1920 and 1930, the Yugoslav mathematician and astronomer Milutin
Milankovitch developed a theory to account for the ice ages that had already been identi-
fied by Quaternary geologists (see Milankovitch, 1941). These periods were thought to
be colder. The polar ice extended far to the south and mountain glaciers were more exten-
sive too (Figure 7.32). Alpine glaciers stretched down as far as Lyon in France. These
glacial traces can be identified from striated rock blocks forming what are known as
moraines.

3 They have been used by Lony Thompson of Ohio State University for careful study of recent tempera-
ture fluctuations (see his 1991 review paper).
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Figure 7.32 Worldwide distribution of ice in glacial and interglacial times.

Milankovitch’s theory gave rise to vehement controversy (as vehement as that over
Wegener’s theory of continental drift'*). And yet this vision of the pioneers of the 1920s was
largely accurate. Thisisnotthe place to setout this theoryin full. Itcan be found in textbooks
on paleoclimatology, for example, Bradley (1999). However, we shall outline the main prin-
ciplesandthe termsto clarify what we have to say about it.

The Earth’s axis of rotation is not perpendicular toits plane of rotation around the Sun. It
deviates from it by 23° on average. But the axis of this deviation rotates around the vertical
over a period of 23 000 years. A further movement is superimposed on these, which is the
fluctuation of the angle of deviation between 21.8° and 24.4°. The period of this fluctuation
1841000 years. The first of these phenomena is termed precession, the second is obliquity.
A third phenomenon is the variation in the ellipiticity of the Earth’s orbit, with a period
of 95 000 years. These three phenomena arise from the influence on the Earth of the
Sun, Jupiter, and the other planets and the tides. They not only combine but are

4 Wegener had been the first, with his father-in-law KSppen, to suggest an astronomical explanation for
the ice ages before becoming an ardent defender of Milankovitch.
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Figure 7.33 The principle of Milankovitch’s theory. (a) The three parameters that change: eccentricity of
the orbit, obliquity, and precession. (b) Variations in the three parameters calculated by astronomical
methods with their Fourier spectrum on the right. (c) Variation in the sunlight curves in June and
December with latitude, calculated by the theory.
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superimposed, leading to complex phenomena. Thus, at present, the Earth is closest to the
Sun on 21 December, but the Earth’s axis is aligned away from the Sun, and so, in all, the
northern hemisphere receives little sunlight. It is winter there, but other conjunctions
also occur. Thus we can calculate the sunshine received during the year at various lati-
tudes. Celestial mechanics mean such calculations can be made precisely (see Figure 7.33
for a simplified summary). As Milankovitch understood, if little sunshine reaches the
Earth at high latitudes in summer the winter ice will remain, the white surface will reflect
solarradiation, and the coolingeffect willbeamplified. Thisis a good starting pointforcli-
matic cooling.

What should be remembered is that when we break down the complex signal of sunlight
received by the Earth using Fourier analysis methods (that is, when we identify the sine-
wave frequencies that are superimposed to make up the signal) we find peaks at 21 000,
41000, and 95000 years.Whenwe conduct a similar Fourier decomposition for §'*0 values
recorded by foraminifera in sedimentary series, we find the same three frequencies
(Figure 7.34).

The 6'0 variations reflect those of the Earth’s temperatures. This finding confirms
Milankovitch’s theory (at least as a first approximation) and so fully bears out the early
studies of Emiliani. In complete agreement with the theory, the sedimentary series also
showed that climatic variations were very marked at the poles (several tens of degrees),
very low in the intertropical zone, and intermediate in the temperate zones (of the order
of £5°C).

Figures 7.35and 7.36 give a fairly complete summaryofthe essential isotopic observations
made from sedimentary cores.

Thesedimentarycorerecord (Figure 7.35) also showsin detail how the temperature var-
iations evolved. Cooling is slow, followed by sudden warming. Finer fluctuations are
superimposed on these trends but their frequencies match those of the Milankovitch
cycles.

Confirmation of Milankovitch cycles by Antarcticisotope records

It was some considerable timebefore Milankovitch cycles were confirmedintheice records,
for two reasons. There were no ice cores long enough and so covering a long enough time-
span and the dating methods were too imprecise.

It was only after the famous Vostok core from Antarctica was studied by the Franco-
Russian team that evidence of Milankovitch cycles was found in the ice record. But the core
yielded much more than that: it allowed climatic variations to be correlated with variations
ofother parameters:

e dustcontent: it was realized that during ice ages there was much more dust and therefore
morewind than during interglacial periods.

e greenhouse gas (CO, and CHy) contentin air bubbles trapped in the ice — when the tem-
peratureincreases thereis anincreasein CO, (inthe absence of human activity!).

This last question on the debate about the influence of human activity on the greenhouse
effect and so on climate is a fundamental one. Which increased first, temperature or CO,
levels? It is a difficult problem to solve because temperature is measured by D in ice
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Figure 7.34 Fourier spectrum of paleotemperatures using oxygen isotopes.
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Figure 7.35 Records of §0 in foraminifera and the synthetic reference curve. (a) Record of §*20 for
benthic foraminifera at three sites: site 552 —56° N, 23° W in the North Atlantic; site 607 —41° N, 33° W
in the mid Atlantic; site 667 — 1° N, 84° W in the equatorial Pacific. Correlation between the three cores
is excellent. (b) Synthetic reference curve produced by tuning, which consists in defining the timescale
so that the Fourier decomposition frequencies of the §*%0 values of the cores match the astronomical
frequencies from Milankovitch’s theory. The period is then subdivided into isotopic stages. The odd
stages are warm periods and the even stages (shaded) glacial periods. (Notice that the interglacials
correspond to increased 60 values and fluctuations are just a few per mill.) After various compilations
from Bradley (1999).
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Figure 7.36 Various parameters recorded in the Vostok ice core. After Jouzel et al. (1987) and Petit et al.
(1999).

whereas CO, is measured from its inclusion in ice. Now, gaseous inclusions are formed
by the compacting of ice and continue to equilibrate with the atmosphere, that is, the air
samples areyounger than theice thatentraps them (Figure 7.37).

We need, then, to be able to measure the temperature of inclusions directly and com-
pare it with the temperature measured from the 6D value of the ice. A method has been
developed by Severinghaus ez al. (2003) for measuring the temperature of fluid inclusions
using *°Ar/*®*Ar and "N/"N isotope fractionation. After stringent calibration, the teams
at the Institut Simon-Laplace at Versailles University and at the Scripps Institution of
Oceanography (La Jolla, California) managed to show that the increase in CO, lags
behind the increase in temperature by 800 years (Figure 7.38) and not the other way
round as asserted by the traditional greenhouse-effect model (Severinghaus ez al., 1999;
Caillon et al., 2003). Now, we know that CO, solubility in sea water declines as tempera-
ture rises and that the characteristic time for renewal of the ocean water is 1000 years.
The first phase of temperature increase followed by the increase in CO,, with a lag of
800 years, can be readily understood, then, if we invoke the lag because of the thermal
inertia of the ocean. There may also be some feedback of the CO, effect on temperature.
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Figure 7.38 Records of §*°Ar and CO, from the Vostok core after shifting the CO, curve 800 years
backwards. After Caillon et al. (2003).

Exercise

Argon and nitrogen isotope fractionations are caused by gravitational fractionation in the ice
over the poles. Using what has been shown for liquid—vapor isotope fractionation, find the
formula explaining this new isotope thermometer.

Answer
If we write the fractionation:
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Cm, P(1
o=
Cm, P(2
gz
Ina=InPm, —InPpn, :Amﬁ.

From the approximation formulae we have already met:

A6 gz
T A =
ro00~ (4™ 27)
with g=10m s™, T=200K, for z=10m, and R=2.

This gives Ad =0.25 for nitrogen and Ad =1.1 for argon. Once again, extremely precise
methods for measuring isotope ratios had to be developed.

Greenland and Antarcticarecords compared and the complexity of climatic
determinants

Although studies of Greenland ice cores pre-dated that of the Vostok core by far, it was only
after the Vostok core had been deciphered that the signification of the Greenland cores was
fully understood by contrast (Figure 7.39). It was observed that the record of the oxygen and
hydrogen isotopes at Vostok was much simpler than in Greenland and that the
Milankovitch cycles were clearly recorded.

Things are more complex in Greenland because sudden climatic events are superim-
posed on the Milankovitch cycles. The first well-documented event is a recurrent cold per-
iod at the time of transition from the last ice age to the Holocene reported by Dansgaard’s
team in 1989. While some 12 800 years ago a climate comparable to that of today set in, it
was interrupted 11 000 years ago by a cold episode that was to last about 1000 years and
which is known as the Younger Dryas. This event was found someyearslater in the sedimen-
tary record of the North Atlantic.

Generalizing on this discovery, Dansgaard used oxygen isotopes to show that the glacial
period was interrupted by warm periods that began suddenly and ended more gradually.
These events, of the order of a few thousand years, correspond to a 4-5%o change in the §'%O
value of theice and so to a temperature variation of about 7 °C. Dansgaard’s team reported
24 instances of this type of D—O episode, as theyare called (D is for Dansgaard and O is for
Oeschger), between 12 000 and 110 000 years ago. They have been detected in the sedimentary
records of the North Atlantic and as far south as the intertropical zone. Cross-referencing
between sedimentary cores and polar ice cores has proved so instructive that both types of
record continue to be used to analyze one and the same event.

A second series of events was read this time from the sedimentary records. These were
briefevents characterized by the discharge of glaciers as far as the Azores. There are 34 of
these H events (see Heinrich, 1988) during the last glacial period and nothing comparable
hasbeen identified in the ice of Greenland. The relationship between D—O and H events is
unclear, but whatis clear is that they are not identical happenings.

What compounds the mystery is that these brief events are recorded very faintly in
Antarctica, withatimelag. There are therefore one or more mechanisms governing climate
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Figure 7.39 Comparison of records from the Antarctic and Greenland. Vostok and Byrd are two stations
in the Antarctic; Grip is a borehole in Greenland. Notice that the two CH, (methane) peaks are quite
comparable in both hemispheres, which is evidence that chemically the atmosphere is broadly
homogeneous. By contrast, the §*30 (and 8D) records are very different. Greenland is the site of
many sudden climatic events that have been numbered, which events are not seen in Antarctica.
After Petit et al. (1999).

thataresuperimposed on the Milankovitch cycles.Why are these events more readily detect-
ableinthenorthern hemisphere? One of the big differences between the two hemispheresis
the asymmetrical distribution of landmasses and oceans (Figure 7.40). This is probably an
important factor, but how does it operate? We don’t know. This qualitative asymmetry is
compoundedbya furtherasymmetry. It seems thatthe transitionsbetween glacial and inter-
glacial periods occur 400-500 years earlier in the Antarctic. Once again, there is as yet no
clearand definite explanation for this.

Exercise

When the 6 *80 values of foraminiferan shells are analyzed for glacial and interglacial periods,
variations are of 1.5%. for cores from the intertropical zone but of 3%, for cores from the
temperate zones. How can you account for this phenomenon?
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Answer

Temperature variations between glacial and interglacial periods are very large at the poles,
very low in the intertropical zone, and intermediate in the temperate zones. The variation of
1.5%o for the intertropical zone is caused by the melting of ice. It must therefore be considered
that the additional variation of 1.5%. of the temperate zones is due to a local temperature
effect. Applying the Urey—Epstein formula of the carbonate thermometer

Toc = 16.3-4.3(A8)/0.13(AS)?

gives AT~ 4.3 Aé. This corresponds to 5-6 °C, the type of temperature difference one would
expect in the temperate zone between a glacial and interglacial period.

Very recently, theice record hasbeen extended to 700 000 years thanks to the core drilled
by an international consortium in Antarctica at the EPICA site. As Figure 7.41 shows, this
facilitates comparison between sedimentary and ice records. New data can be expected
shortly.

7.8 The combined use of stable isotopes and radiogenic
isotopes and the construction of a global geodynamic
system

Climateis acomplex phenomenon with multiple parameters. Temperature, of course, is a car-
dinal parameter, but the distribution of rainfall, vegetation, mountain glaciers, and winds
are essential factors too. Oxygen and deuterium isotopes provide vital information about tem-
peratures and the volume of the polar ice caps. The *C/'>C isotopes are more difficult to
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Figure 7.41 Comparisons of (a) insolation and sedimentary (c) and glacial (b, d) records at the EPICA site.
After the EPICA Community (2004).

interpretbutyield useful pointers, forexample, aboutthe type of vegetation (C3/Cyplants) and
its extent. But such information, which should in principle enable us to construct a biogeo-
chemical picture, is still verydifficult to decipher and has been oversimplified in the past.

The use of long-lived radiogenic isotopes has a similar objective, namely to determine
how climatic fluctuations are reflected in the planet’s erosional system. Erosion is a funda-
mental surface process. It is what changes volcanoes or mountain ranges into plains and
peneplains. The end products of erosion are of two types. Some chemical elements are dis-
solved as simple or complex ions, while others remain in the solid state. The former are
transported in solution, the latter as particles. Whichever state they are in, they are carried
by rivers down to the oceans where they form sea water in one case and sediments in the
other. The radiogenic isotope ratios are preserved throughout these erosion and transport
processes. They are then mixed in the ocean, either as solutions in sea water or as particles
in sediments. The erosion sites have characteristic radiogenic isotope signatures which dis-
tinguish old landmasses, young continents, and volcanic products of mantle origin. Theiso-
topic compositions of the mixture that makes up sea water thus reflect the proportion of the
various sources involved in the erosion processes.
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7.8.1 Strontium in the ocean

A firstexampleis the *’Sr/®°Sr isotopic composition of present-day sea water. The ®”Sr/*°Sr
ratio is 0.709 17 and is identical whichever ocean is considered. Where does the Sr come
from? Obviously from the erosion oflandmasses and subaerial or submarine volcanic activ-
ity. Measurement of the isotopic composition of Sr dissolved in rivers yields a mean value of
0.712 + 0.001. The mean isotopic composition of the various volcanic sources (mid-ocean
ridges, island volcanoes, and subduction zones) lies between 0.7030 and 0.7035 (depending
on the relative importance attributed to the various sources). From the mass balance
equation:

(87 SI‘) <87 SI‘) N <87 Sr) (1 )
—_ = — X Py — X).
86 86 86

Sr sea water Sr continental rivers Sr volcanic input

The fraction from continental rivers corresponds to 66% + 2% of the Sr in sea water.
(Notice this fraction x reflects the mass of chemically eroded continent modulated by the
corresponding absolute concentration of Sr.)

me C,
x:%
me Ce + my, Cy

where 1. is the mass of continent eroded chemically per unit time, 7, is the mass of volca-
noes eroded chemically per unit time, and C. and C, are the Sr contents of rivers flowing
from continents and of volcanoes, respectively.

We can go a little further in this breakdown. The isotopic composition of Sr in rivers is
itself a mixture of the erosion of silicates of the continental crust, whose mean isotopic
composition we have seen is 87S1/86Sr 2~ 0.724 + 0.003," and the erosion of limestones,
which are very rich in Sr and are the isotopic record of the Sr of ancient oceans. For rea-
sons we shall be in a better position to understand a little later on, the mean composition
of these ancient limestones is *’Sr/*¢Sr=0.708 +0.001. The mass balance can be
written:

<S7Sr) - (87Sr) y+ (87Sr> (1 y)
86Sr rivers 86Sr limestones 86Sr silicates ,

which means thatlimestones make up 71% ofthe Srcarried to the ocean in solution from the
continents. Therefore, all told, the Sr of sea water is made up of 49.5% from reworked lime-
stone, 0f 16.5% from the silicate fraction of landmasses, and of 34% from volcanic rock of
mantle origin. Of course, these figures must not be taken too strictly. The true values may
varyalittle from these, but notthe relative orders of magnitude.

The ¥’Sr/*°Sr isotopic composition of present-day marine carbonates is identical to that
of sea water in all the oceans. It is assumed, then, that the ¥’Sr/*¢Sr isotopic compositions
measured on more ancient limestones were identical to those of the oceans from which they
precipitated (Figure 7.42).

15" Corresponding to the mean value of detrital particles transported by rivers.
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Figure 7.42 The determining factors of the isotope composition of strontium in sea water. The strontium
in the ocean comes from alteration of the continents and volcanic arcs. Hydrothermal circulation along
the ridges also injects strontium into sea water. Limestones reflect the isotopic composition of the ocean
at the time they formed. They are recycled either by erosion or by inclusion in the mantle.

These isotopic compositions have been studied and are found to have varied in the past.
The curve of variation of strontium in the course of the Cenozoic has been drawn up with
particular care (Figure 7.43).

Itshows thatthe *Sr/*°Sr ratiowaslower 65 Ma ago than it is todayand remained roughly
constant from 65 Ma to 40 Ma, from which date it began to rise, at varying rates, up to the
present-day value. Whydid these variations occur?

Returning to our fundamental mass balance equation, we must conclude thatthe growth
in the ocean’s ¥’Sr/*°Sr ratio since 40 Ma can be attributed to a variation in the relative
input oferosion from the landmasses or the input from the mantle, or both. Initially, afierce
conflict opposed proponents of the growth of continental input with mantle input suppo-
sedly remaining constant and their adversaries who thought that it was the mantle input
that had varied along with the intensity of erosion. For the former, the predominant phe-
nomenon was the uplift of the Himalayas after India collided with Asia 40 Ma ago (Raymo
and Ruddiman, 1992). For the latter, the essential variation was in the activity of mid-ocean
ridges in the form of the hydrothermal circulation occurring there (Berner ef al., 1983).
Now, it was once thought that the total activity of the mid-ocean ridges had varied over geo-
logical time and in particular had declined since 40 Ma ago. We no longer think this. The
ideatodayisthatboth changes are concomitant. The increased erosion because of the uplift
of the Himalayas is consistent with reduced input from the mantle, which derives mostly
from erosion of subduction zone volcanoes. Such erosion has been partially slowed by the
disappearance of a significant source which was swallowed up in the Himalayan collision.
All in all, then, it is the formation of the Himalayas that explains the 8’Sr/*¢Sr curve as
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Figure 7.43 Curve of evolution of the 87Sr/%Sr ratio in sea water in Tertiary times (Cenozoic).

suggested by the former Columbia team (Raymo and Ruddiman, 1992) and John Edmond
(1992) from MIT independently.

Regardless of any causal explanations, the curve isnowadays used to date Cenozoiclime-
stones. This is known as Sr stratigraphic dating. The idea is straightforward enough. Since
the curve is identical for all the oceans, it is an absolute marker. As the variation in the
87Sr/%°Sr curve is all one way, the measurement of an *’Sr/3°Sr ratio for any limestone can
beused to determine its age from the curve. As can be seen, this clock is effective from 0 to
40 Ma, but barely beyond that as the curve flattens out. The precision achieved for an age is
+1Ma.Thisis auseful coupling with micropaleontological techniques.

But, of course, what everyone wants to know is why the ®’Sr/3°Sr ratio curve in limestones
isidentical whichever the ocean? The answer is that the residence time of Sr in the ocean is
very much greater than its mixing time and so it has time to homogenize on a global scale.
Thiswill be explained in the next chapter.

The second question relates to climate. As it is observed that §'®O increased through-
out the Cenozoic, corresponding to a general cooling, what relation is there between
tectonic activity and climate? This is a fundamental question to which there is as yet no
clear answer.

Exercise

There are two inputs to the isotope composition of continental rivers: one from silicates and one
from carbonates, in the proportions of 75% from carbonates and 25% from silicates, with average
isotope ratios of (®7Sr/®Sr)sijicates = 0.708 for carbonates and (7Sr/%6Sr)jimestone = 0.724 for
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silicates. Suppose that carbonate recycling falls to 70%. How much will the Sr content of sea
water vary assuming that the Sr content of rivers remains the same (which is unrealistic, of
course)?

Answer

In the current situation, the Sr isotope ratio of rivers is 0.712 with 75% carbonate and 25%
silicate. Recycled limestone has a Sr isotope composition of about 0.708 while that of silicates
is 0.724. The composition for rivers with the new proportions becomes 0.7128, which gives a
value of 0.709 52 for sea water. The recycling of limestone is clearly an important parameter,
then.

Exercise

Assuming the isotope different compositions and inputs remain constant and the flow from
volcanic sources remains the same, by how much does the Sr flow from rivers have to vary to
change the ocean values from 0.708 to 0.709?

Answer
The calculation is the same as before:

AR Ax

R (1—-x)x’

Therefore AF/F=+0.49. So the flow from rivers must increase by 50%.

7.8.2 Isotopic variations of neodymium in the course
of glacial—interglacial cycles

As with Sr, the isotopic variations of Nd are related to long-period radioactivity. When
isotopic variations are measured in Quaternary sedimentary cores, these variations can be
attributed to differences in origin alone. The in situ decay of '#’Sm in the core has virtually
noinfluence. The fundamental difference between the behavior of Srand of Nd in the ocean
isthat Sr, having a long residence time (1 or 2 Ma), is isotopicallyhomogeneous on the scale
of the world’s oceans whereas Nd, having a shorter residence time (500-2000 years),
varies isotopically between oceans and even within oceans. For example, the eng
value today averages — 12 for the Atlantic Ocean, —3 for the Pacific, and —7 for the Indian
Ocean. These variations are interpreted by admitting that the Nd of sea water is a mixture
between a volcanic source coming from subduction zones (¢ ~ 0 to + 6) and a continental
source (¢ ~#—12 + 2). The engvalue varies depending on the degree of volcanic activity in the
region relative to continental input (see Goldstein and Hemming, 2003).

Study of a Quaternary core from the Indian Ocean, south of the Himalayas, has allowed
the Paris laboratory (Gourlan et al., 2007) to highlight an interesting phenomenon. The
sedimentary core is mostly carbonated (more than 70% carbonate). By appropriate chemi-
cal treatment, it is possible to extract the Nd of ancient sea water trapped in the small coat-
ings of Mn surrounding foraminifers. Isotopic analysis of the Nd shows that eng varies
from —7.5 to —10.5 and that the variations follow the pattern of *0/'°0 fluctuation



m The Construction of a global geodynamic system

correspondingtothe glacial—interglacial pattern. Thereis an excellent (inverse) correlation
between 8O and eng (Figure 7.44).

South of the Bay of Bengal, the mixture of outflow from Indonesia and the input from the
Rivers Ganga—Brahmaputra (but also the Irrawaddy and the Salween rivers) homogenizes
thevalues of seawaterofaboute ~ —6 4 1.

So we can suppose that in the Bay of Bengal the fluctuation during glacial-interglacial
alternation corresponds to the fluctuation in the impact from the Ganga—Brahmaputra
Rivers from the Himalayas. Those variations are linked with variations in intensity of the
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Figure 7.44 Variation in the isotopic composition of neodymium in sea water expressed as enq in a
predominantly calcareous marine sedimentary core from the Ninety East Ridge in the Indian Ocean,
representing the last 800ka. Top: the curve of 680 variations allowing comparison of climatic
fluctuations. Bottom: isotopic composition of the detrital fraction. (a) Oxygen isotopes compared
with eng variations. (b) Enlargement before 2Ma. (c) Oxygen-neodymium maxima and minima
correlations.
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monsoon and the existence of large glaciers during glacial periods in the high Himalayas.
Monsoons are weaker during glacial times and glaciers accumulate snow and then stop (or
strongly reduce) the river runoff.

Exercise

Calculate the relative input of the Ganges—Brahmaputra (GB) Rivers between interglacial and
glacial if we suppose that e{ = —12 and 35" = —6. The measured ratios of concentration
are eng = —10 during interglacials and eng = —7.5 during glacials, the concentration of Nd in

river and ocean staying the same during all periods.

Answer
We applied the mixing formula. Notating concentration as Cyg and the masses as m, we have:

measured __ _GB ocean
ENd =engX T eng (1 = X)
mass of fresh water - CLve"
X =

river

mass ocean - C}®" + mass of fresh water - Cy

With a little manipulation
Myiver _ Cﬁfdean 1
Mocean Cr[\il\(/jer xt-1)

So for the ratios between interglacial (i) and glacial (g):

The river flux from the Himalayas was 6 times higher in interglacial than in glacial
times.

This is a simple example in a work in progress in author’s laboratory to illustrate the
power of investigation of combining O and Nd isotopes.

7.9 Sulfur, carbon, and nitrogen isotopes and
biological fractionation

We give two examples of how stable isotope geochemistry can be used in various types
of study.

7.9.1 Afew ideas on sulfur isotope fractionation

When we examine the **S/*S composition of naturally occurring sulfur isotopes as a
function of their geological characteristics, several features stand out. All sulfides asso-
ciated with basic or ultrabasic rocks have extremely constant compositions close to
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38/328 = 0.045 (6 = 0), that is, largely analogous to that of sulfur in meteorites (Nielsen,
1979).

Sulfur mineralization in veins crossing geological structures, with a gangue of quartz,
fluorite, or barite, have 6 values of about 0 which are very constant. It is therefore legiti-
mate to attribute a deep origin to them or at least an origin related to deep-lying rocks.
Cluster mineralization exhibits much more variable compositions, particularly minerali-
zation related to sedimentary strata. Its composition may range from 6 = +22 to 6 = —52.
This observation is tied in with the point that oxidation—reduction reactions
o SOi_ are accompanied by equilibrium isotope fractionation which, at low tem-
peratures, is substantial (1.075 at 25°C) (Tudge and Thode, 1950). Moreover,
S — SOi_ is an easy reaction at low temperature. However, reduction can only occur
through Desulfovibrio desulfuricans bacteria. This bacterial reduction is accompanied
by an isotopic effect that is weaker than the equilibrium reaction (o= 1.025 at 25 °C)
(Harrison and Thode, 1958). Remembering that sulfates of sea water and fresh water have
8°*S values that range from +26 to +4, we can explain the dispersion observed by assum-
ing that the sulfides related to strata derive from bacterial reduction of sulfates, but that
such reduction exhibits a number of variations. Sometimes reduction may involve sea
water, sometimes groundwater circulation. Sometimes it occurs in replenished systems,
sometimes in bounded reservoirs (Rayleigh distillation). Sometimes it is followed by iso-
tope exchange leading to equilibrium fractionation, sometimes not. Here we find, but in
a different context, variations in scenarios similar to what was calculated for bacterial
reduction in sediments.

In any event, case by case, the sulfur isotope composition, associated with metallogenic
and geological observations, allows distinctions to be drawn between the various types of
deposits (Figure 7.45) and then allows the potential mechanism for the origin of mineraliza-
tiontobelimited. Generally, these data have madeit possible to assertthe occurrence of sul-
fur mineralization of exogenous origin, which many workers had contested before,
claiming thatall mineralization derived from the depths of the planet through mineralizing
fluids (Ohmoto and Rye, 1979).

One particularly fascinating observation with sulfur isotope geochemistry relates to
mass-independent fractionation (MIF). Such fractionation has been mentioned for
oxygen, butitexists for sulfur too. Sulfur has four isotopes: 328 38 345 and *°S. Interrestrial
sulfur compounds variations in **S/**S ratios account for about half of **S/??S fractiona-
tions (0.515 tobe precise). Ifwe define A¥S = (6%°S) - 0.515 (6>*S), this difference s generally
zero.When measuring the isotopic composition of sulfides and sulfates of geologically var-
ied ages, we obtain an unusual result. Between 2.30 Ga and the present day, A**S = 0. For
samples of 2.30-2.60 Ga, A¥Svaries with an amplitude of 12%o. For older samples, fluctua-
tions are smaller but around 4%o. Samples of barium sulfate are depleted in **S (compared
with “normal” fractionation, their A*S is negative). Sulfide samples are enriched in **S
(their A*Sis positive). This observation cannot be easily interpreted. James Farquhar and
his team think that there was little oxygen in the atmosphere in ancient periods. The ozone
layer surrounding the Earth at an altitude of 30 km and which now filters the Sun’s ultravio-
let rays did not exist. Sulfur reduction phenomena shifted sulfur from the degree of oxida-
tion —2 (sulfide) to +6 (sulfate) via a cycle of photochemical reactions involving these
ultraviolet rays. Now, laboratory experiments show that photochemical reactions (that
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Figure 7.45 Distribution of sulfur isotopes in the main sulfur-bearing deposits.

is, reactions taking place under the influence of light) produce important non-mass-
dependent fractionations (Farquhar et al., 2007).

This idea of oxygen being absent from the ancient atmosphere is consistent with many
geochemical observations: the presence of detrital uranium in the form of UO, in ancient
sedimentary series and particularly in the famous Witwatersrand deposits of South Africa.
Uranium in its degree of oxidation +4 is insoluble whereas in the +6 form, it forms soluble
complex ions. Today uranium is mostly in the +6 state (in solution), but in the Archean it
was in the 44 state (as detrital minerals) . Until 2 Ga, very special rich iron deposits are
found, known as banded hematite quartzite or banded iron formation (BIF). These are
evidence that at that time rivers carried soluble iron in the +2 oxidation state and that it
precipitated in the +3 oxidation state on reaching the ocean. Nowadays, surface iron is in
the +3 oxidation state and forms insoluble compounds in soils. These iron compounds give
tropicalssoils their characteristic red coloring.

Dick Holland (1984) has long used these observations to argue that the ancient
atmosphere was rich in CO, and N, (as are the atmospheres of Mars and Venus
today) and that oxygen, which makes up 20% of our atmosphere today, appeared only
2 Ga ago as a consequence of the superactivity of bacteria or of photosynthetic algae.
The appearance of oxygen meant the end of both detrital uranium and chemical iron
deposits, which, in fact, are not found after that period. Observations of sulfur isotope
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Figure 7.46 A%3S—=(§33S) — 0.515 (53*S). The figure shows >3S variation in A33S of sulfides and sulfates
of various ages.

fractionations by Thiemens’s team refine this model. They seem to indicate that the
growth of oxygen in the atmosphere occurred very quickly, almost suddenly, between
2.5 and 2.1 Ga and that this growth was accompanied by the progressive formation of
the ozone layer protecting the Earth’s surface from excessive solar ultraviolet radiation
(Figure 7.46).

7.9.2 Carbon—nitrogen fractionation and the diet
of early humans

Biochemical operators fractionate carbon and nitrogen isotopes. Gradually the mechan-
ismsandthe practical rules such fractionation obeyshavebeen determined. Thus, it was cor-
rectly predicted that C; plants (the first product of photosynthesis with three carbon atoms)
(trees, wheat, and rice) fractionate differently from C,4 plants (corn, grass, sugar cane). It
has also been shown that marine plants are different again. From these observations
Michael DeNiro of the University of California at Los Angeles studied the isotope compo-
sition of herbivores (eating the various types of plant) and of carnivores eating those herbi-
vores. Oddly enough, a number of regularities were preserved and turned up in the isotope
composition of bone (in the mineral matter and also in collagen which withstood decay
quite well). He was thus able to determine what early humans ate (Figure 7.47). Those of the
Neolithic ate C3 plant leaves and then people later certainly began to eat corn (C4).Wheat
does not seem to have been grown until much later. This is an example of isotope tracing
which is developing in biology and archeology. Stable isotopes measured on bone and
tooth remains of extinct animals can be used to answer questions about the type of meta-
bolism of certain dinosaurs (hot or cold blooded), the diet of extinct animals, or the effect
of paleoclimate on the cellulose of tree rings. Once again this discipline offers consider-
able prospects.
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Figure 7.47 Isotopic composition of fossil plants, animals, and humans in the §*°N and §*3C diagram.
After DeNiro (1987).

7.10 The current state of stable isotope geochemistry
and its future prospects

As has been repeated incessantly throughout this book, developments in isotope geology
have always tracked advances in measurement methods, which themselves are often the
consequence of technological progress. The development of the double-collection mass
spectrometer by Nier and his collaborators (Nier, 1947; Nieretal., 1947) made it possible to
study the effects of very weak isotopic fractionation (oxygen, hydrogen, carbon, and sulfur)
in carbonates, water, rock, and living matter.

Since then technical advances have moved in three directions. The first was that of sensi-
tivity. It has become possible to analyze isotopic fractionation on small quantities of mate-
rial. Hugh Taylor managed to analyze D/H in rocks while Francoise Pineau and Marc
Javoy have analyzed '*C/'>C and "N/'*Nin basalts.

The second direction was that of precision. In 1950, ratios could be measured to 0.5%o.
Now thefigureis 0.05%o0. Thishas madeitpossibletoanalyze sedimentary cores with preci-
sion and to highlight Milankovitch cycles. Robert Clayton was able to discover paired
70/1°0 and '®0/'°0 fractionations of meteorites, which had many consequences for
the study of meteorites even if the initial interpretations have been modified. Mark
Thiemens has been able to move on from there to open up the study of mass-independent
fractionation.

The third advance has been the automation of analytical procedures which has enabled
large numbers of samples to be studied both in sedimentary carbonates and in polar ice for
O, C,and Hisotopes. Climatology has gained enormously from this.

Today two new technical advances have occurred: multicollection ICPMS and the devel-
opment of in situ probes, ion probes, or ICPMS laser ionization. In addition, advances
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in computing and electronics have brought progressive gains in precision, sensitivity, and
measurement time for all conventional techniques, TIMS, or double-collection gas
spectrometry.

What will come of all this? It is probably too early to answer this question but the
trends as perceived can be set out. The most spectacular trend is probably the rush to
study isotopic fractionation of “non-classical”elements that are often present in terres-
trial materials. These include some major elements (Si, Mg, Fe, or Ca) for which physi-
cochemical fractionations have been identified and then minor light elements like B
and Li and minor heavy elements like Cr, Cu, Zn, Cd, Se, Mo, or T1 (the list is not
exhaustive) (see the review edited by Johnson et al., 2004). It is undeniable that some
interesting results have been obtained for the major elements Mg, Fe, Ca, and Si as well
as for B, Li, Cu, Mo, Tl, and CI. For trace elements, no result has as yet allowed new tra-
cers of geological phenomena to be introduced, as is the case for the isotopes of the
major elements H, O, C, and S. Analyses are difficult, the results are often uncertain,
and approaches are not systematic enough. These attempts have not achieved the results
expected. The present author thinks, but this is open to question, that the most interest-
ing processes are:

e firstin biogeochemistry. It seems that living organisms fractionate some isotopes: Ca
for the food chain ending with shells, Si for the food chain ending with diatoms, Cu
for cephalopods. This, combined with C, N, and S geochemistry, may be the advent
of the famous biogeochemistry we have been waiting for since Vernadsky’s 1929
book!

e then, for pH conditions boron is a hope, provided the hypothesis of constant §''B for the
ocean over geological time is eliminated. The degree of oxidation—reduction with the
use of iron isotopes and molybdenum isotopes is also relevant. We shall review this if this
book runs toanewedition!

The other trend is illustrated by John Eiler’s program at the California Institute of
Technology. He is trying to take advantage of the improvement in techniques of analysis of
traditional elements to develop new and original methods, the most spectacular of which is
intercrystalline order—disorder fractionation, which we have spoken of, but also for
180/1°0 or D/H fractionations in high-temperature phenomena.

The study of non-mass-dependent fractionation by Mark Thiemens’s team has
probably still not yielded all its results but perhaps requires a more structured
approach.

Problems

1 Take a cloud that evaporates at the equator with a mass My 8,0 = 0 for D and 20 (to
simplify). It moves polewards and when the temperature is +10 °C loses one-third of its
mass as rain and continues in the same direction. In the cold zone, where the temperature is
0°C, it loses one-third of its remaining mass. It moves on and loses another one-third of its
remaining mass at —20 °C. When it reaches temperatures of —30 °C it loses a further one-
third of its mass. The fractionation factors at three temperatures are given in Table 7.4
below.
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Table 7.4 Fractionation factors

T(OC) ap [e%t:T6)

+20 1.085 1.0098
0 11123 1.0117

-20 1.1492 1.0411

(i) Calculate the 6D and §*0 composition of the rain and snow.
(i) Plot the (6D, §*80) curve and calculate its slope.
(iii) Plot the 6D and 820 curves as a function of the remaining fraction of the cloud.

2 Take a magma chamber whose magma has an initial §*®0 isotope composition of +5.5. Some
30% of olivine Mg,SiO, precipitates in the chamber. Then we precipitate a eutectic mixture
with equal proportions of olivine—pyroxene. We precipitate 30% of the remaining melt and
then the olivine, orthopyroxene, and plagioclase mixture in equal proportions for 20% of the
remaining melt. Given the melt—silicate partition coefficients in Table 7.5 below, calculate the
isotope evolution of the melt and the minerals.

Table 7.5 Partition coefficients

Plagioclase-melt Olivine-melt Pyroxene—-melt
— 0.6%o —0.2%0 —0.3%o
a=0.9994 a=0.9998 a=0.9997

3 Consider rainwater with §p = —70%o.. This water penetrates into the ground and finally reaches
a metamorphic zone where it meets a schist whose proportion relative to water is 15% and
whose composition is O =53.8%, Si=33.2%, Al =7.8%, Fe =2.8%, Ca=7.1%, Na = 0.6%,
K=1.5%, and C=1.8%. This schist contains the following minerals which equilibrate with
water at 550 °C in a closed system. The composition of the rock is: 40% quartz, 4% magnetite,
16% plagioclase, 15% muscovite, 20% alkali feldspar, and 5% calcite. Calculate the oxygen
isotope compositions of the minerals and the water in the end.

4 The CO, content of the recent atmosphere is 320 ppm, its §*>C value is —7. As a result of
burning of coal and oil the §*3C value has shifted from —7 to —10 in 20 years.
(i) Given that 8*3C,; = —30, what quantity of carbon has been burned?
(if) However, a problem arises. The CO, content of the atmosphere is 330 ppm. How can you
explain this?
(iii) Suppose the acaicite-co, fractionation at 20% is 1.0102. What is the variation observed in
the 6 value in the calcites precipitating in sea water?
(iv) Does the §*3C isotope analysis of limestone seem to you a good way of testing CO,
degassing in the atmosphere by human activity? Mass of the atmosphere: 5.1 - 10** g.

5 Basalt magma contains sulfur in the form S>~ (sulfide) and SO2~ (sulfate), whose proportions
vary with oxygen fugacity.

S +20, & SO;~

[s*][0o)°

50] = K(T).
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Therefore:
S K(T)
SOy [0,

When the magma degasses, it loses almost exclusively its SO, and the H,S content is usually
negligible (even if it smells). Determine the partition Agas_magma = (6>*S)g — (6>*S)m.

Given that the magma contains S>~ and SO2™, show that degassing of the magma leads to an
increase in the §3S value of the solidified magma or to a decrease depending on oxygen
fugacity (after Sakai et al., 1982). (We know that A§?2 =+3and A:?“i =+7)

6 Various scenarios are imagined in which the temperature of the Earth reaches extremes. The
first scenario, known as the snowball scenario, says that all the landmasses are covered by a
layer of ice 100 m thick in addition to the present-day polar ice which has doubled in volume.
The second, reverse, scenario says that the Earth has heated and the polar ice caps melted. In
the first scenario the 620 of continental ice is supposed to reach —30, with the polar ice caps
being like today at —50. The ocean is at § =0.

(i) What is the 6 value of sea water in the snowball scenario?
(ii) In the scorching Earth scenario, what is the & value of sea water?
(i) Examine each scenario. Calculate the rate of increase (or decrease) of §*20 in meters
above sea level.
(iv) Does this figure vary with the speed of the process?



CHAPTER EIGHT

Isotope geology and dynamic
systems analysis

We have seen thatthe Earth can be subdivided into five main reservoirs:

(1) the continental crust, where elements extracted from the mantle are stored (K, Rb,
U, Th, rare earths, etc.) and which is made up of age provinces assembled like a mosaic;

(2) the upper mantle, the MORB source, which is mainly a residue of extraction of conti-
nental crust and the place where oceanic crustis formed and destroyed;

(3) thelower mantle, of which little is known by direct information other than that it is the
source of the rare gas isotope signature in OIB;

(4) the atmosphere, which is the recipient of rare gases given out by the mantle and is not
sealed for some gases (He, Ne); and

(5) the hydrosphere, which is the driving force and the potential vector of all transfers of
material at the surface, through the cycle oferosion, transfer, and sedimentation.

These reservoirs exchange material with each other. Material is extracted from the
upper mantle to form the continental crust, probably during subduction processes.
Material from the landmasses is reinjected into the upper mantle, either during subduction
or during episodes when the continental crust is delaminated and falls into the mantle
(Dupal province).

Exchanges probably occur between the lower and upper mantle, as shown by mass bal-
ance calculations for the depleted mantle and the results for rare gases, implying the exis-
tence of two reservoirs in the mantle, with injection of the lower mantle into the upper
mantle. But the exact processes are unknown even if it is obvious that mantle plumes and
subduction are related in some way with these exchanges.

Exchanges with the atmosphere are by volcanic outgassing and, for the continental
crust, erosion (which destroys rock and releases some of the rare gases in rock) or hydro-
thermal processes. It seems that gases are reinjected into the mantle through subduction
phenomena as shown by Marc Javoy and colleagues of the Institut de Physique du
Globe in Paris for CO, and N, (Javoy et al., 1982) when these gases are transformed into
chemical compounds. This does not seem to be so for rare gases, for which subduction
is apparently a barrier, and which return to the atmosphere through volcanism in sub-
duction zones.

There remain major questions that are the subject of fierce debate. Do subduction
processes affect the lower mantle? Are plumes created in the upper mantle, the lower man-
tle, or both, and by what processes? Does the lower mantle exchange material with the
upper mantle? All of these questions are suggested by the findings of seismic tomography
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Figure 8.1 The structure and dynamics of the mantle—landmass—atmosphere system. The Earth system
is made up of reservoirs exchanging matter and energy with each other.

which provides spectacular color images but which cannotreadily be interpreted because it
is difficult to distinguish between heat and mass transfers. This is a reality that relates to
the present day for geophysicists while isotope geochemistry includes the whole history of
the Earth.

These exchanges of material between reservoirs have been modulated by the vagaries of
geological history and, for the external reservoirs, by the vagaries of climate. All of this cre-
ates what isnowadays termed a dynamic system, or several interlocking dynamic systems if
youprefer (Figure 8.1).

We have looked at the Earth’s external system where the ocean exchanges with the atmo-
sphere, is fed water charged with ions by the landmasses, precipitates some compounds,
and stores water in ice and releases it under the influence of dynamic fluctuations
(Figure8.2). Onceagain, thisisahuge dynamicsystem.The way inwhich the system receives
energy from the Sun, distributes it, and modulates it triggers the water cycle, modifies the
surface temperature and determines the climate.

Quite what the relative influence is of the greenhouse effect, caused by CO, or CHy,
and of the hydrological cycle, an extraordinary thermal machine, remains an unre-
solved issue. Geographical distribution is essential in this dynamic system and, as
has been seen, the very different effects between the northern hemisphere with many
landmasses and the southern hemisphere, which is largely ocean, are still poorly
understood.

The evolution and determining factors of the chemical workings of the oceans and the
question of the relative influence of chemical elements extracted from the mantle compared
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Figure 8.2 The hydrological cycle considered as a system. The masses of the reservoirs are shown
in brackets. Flows are marked by arrows. Units are km?, corresponding to 10**kg, andkm?® yr*
for flows.

with those from the landmasses on the record of the past chemical or isotopic composition
of the oceans depend largely on closely interconnected parameters. This is the example of
vast dynamic systems with complex interactions whose determining factors we still do not
understand properly.

Future developments of paleo-oceanography or paleoclimatology, like those of
chemical geodynamics, are related to our understanding of such complex systems.
Accordingly, at the end of this book, it has been thought useful to address, in an admit-
tedly very elementary and succinct way, but prospectively, what is now a huge field of
study in the earth sciences but whose formal features exceed our present framework
and apply equally to biology and the chemical industry as well as to ecology or to phy-
sics. It is this methodology that we call dynamic systems analysis. When we say that
the Earth is a “chemical plant” it is not just for the pleasure of a new image. The same
methods of systems analysis apply to chemical plants as to the Earth and its component
parts.

We shall give a few very elementary bases of these methods that we shall apply, of course,
to the system that the Earth constitutes, looking at the questions specific to it, but, more
than that, opening up future prospects. In this context, isotopes appear as tracers, indica-
tors, like radioactive tracers in biology or industrial chemistry, but they contain a wealth of
information as we shall see (for general references see: Jacobsen and Wasserburg, 1981;
Beltrani, 1987; Jacobsen, 1988; Albaréde, 1995; Haberman, 1997; Lasaga and Berner,
1998; Rodhe, 2000).
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8.1 Basic reservoir analysis: steady states, residence
time, and mean ages

8.1.1 Well-mixed, simple reservoirs

Letus consider a first simple example. A reservoir of mass M, in a steady state, into which a
flow of matter M | enters (and from which a quantity of matter M exits). The reservoir itself
is well mixed and is assumed to be statistically homogeneous.' The reservoir might be the
Earth’s mantle, the ocean or the mass of sediments, etc. For the steady state M | = M, we
define the residence time as the average time matter spends in the reservoir. The residence
time Ris defined by

rR=M_M

M, M,

The dynamic equation is written dM/dt = M| — M', with M| = M' in the steady state.
What goesinto the reservoir equals what comes out of it, and so residence time can be calcu-
lated by consideringeither the input term or the output term.

Toreasoninterms ofage, we must speak of the mean age of material leaving the reservoir
and which entered attime = 0.What is the mean age of material in the reservoir?

The output flow M' may be written in the form: M = kM, where k is the fraction of the
reservoir exiting per unit time. Then dM = kM dt, which may be written dM/dt =kM.
Thus k& may be considered as the probability that an element of the reservoir will exit at a
time 7. Asitis notated, k = 1/R is the inverse of residence time. We can therefore write that
the quantity of particles exiting the reservoir is:

dM/dt = —kM,

hence M = Mye .

This equation translates the evolution at time ¢ of the number of particles that entered the
reservoirattime ¢t = 0. Itis also the age distribution of the “particles”of matter presentin the
reservoir.

The proportion of particles of age ¢ still in the reservoir is written:

M(1)/ My =e .

Themean age of particles in the reservoir is written:

@] o0

(T) :/te_k’ dt:% /kte‘k’ dr.

0 0

Integratingby parts, [ kz e ¥ dr = 1, therefore (T') = 1/k = R.
0

In this well-mixed reservoir, the mean age of particles is equal to the residence time. This
isafundamental result.

' We often refer to such reservoirs as boxes (a single box or multiple boxes).
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Exercise

The mantle may be thought of as a reservoir from which mantle escapes at the ocean ridges
and which it enters at the subduction zones. Accepting that it operates in a steady state, what
is the residence time of a lithospheric plate in the upper mantle? We ask the same question
for the whole mantle.

It is taken that the rate of formation of ocean floor is 3 km? yr*, the thickness of a plate is
8 km, and its mean density 3.5.

Answer
The area subducted (swallowed up by the mantle) equals the area created, therefore the mass
of the lithosphere subducted is 8.4 - 10™* kg yr ™.

The mass of the upper mantle is 1.05 - 10°* kg, therefore the corresponding residence time
is R=1.25 Ga. The mass of the total mantle is 4.02 - 144 kg, therefore for the whole mantle
R=4.78 Ga.

Exercise

Suppose we wish to calculate the residence time of the ocean crust alone, which would tend
to suggest the ocean lithosphere is made up of oceanic crust and a piece of average mantle
attached to it. What is the residence time of such an ocean crust in the upper mantle?

Answer
Oceanic crust is 6 km thick, the mass of oceanic crust subducted is therefore 8.4 - 10 kg yr ™.
Hence R=12.4 Ga for the upper mantle alone.

Exercise

The quantity of >He in the atmosphere is 1.26 - 10° moles. The degassing rate of >He at the mid-
ocean ridges is 1100 moles yr~*. Atmospheric *He is lost to space. Accepting that the atmo-
sphere is in a steady state for helium, what is the residence time of *He in the atmosphere?

Answer
Ris about 1 million years, 1.18 Ma to be precise.

Let us now try to calculate the residence time of a chemical element /in a well-mixed
reservoir (Galer and O’Nions, 1985). We reason as before. Let C[ be the chemical concentra-
tion of the element entering the reservoir and C;, that present in the reservoir:

MGy i

Ri=_——M A
M, C! cl

where M and Ml are the overall mass and the mass of the flow entering the reservoir,
respectively, and R is the residence time of the material.

Exercise

Suppose the ocean is a system in a steady state. The mass of the ocean is M=1.39 - 10** kg,
and the mass of water entering from rivers M| = 4.24 - 10*°kg yr ™.
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Given the Sr and Nd concentrations in sea water and rivers in the table below, what is the
residence time of these elements in sea water?

Sr (ppm) Nd (ppt)
Sea water 7.65 3.1
Rivers 0.06 40

Answer
For Sr, R=4 - 10° yr. For Nd, R=2500yr.

EESE

It is considered that most of the chemical elements in sea water disappear into pelagic
sediments by various processes (absorption, precipitation, biochemical reaction, etc.), that
the sedimentation rate for such sediments is 3-1072 kg m~2, that the ocean area, excluding
continental margins is 3.1-10"* m?, and that the average concentrations of Sr and Nd of these
sediments are Cs, =2000 ppm and Cyg =40 ppm. Calculate the residence time of Srand Nd in
sea water and compare this result with the previous one.

Answer

For Sr, R=5.5-10° yr. For Nd, R=1162 yr.

The figures are similar to the previous ones, which confirms the hypothesis that the ocean is
in a steady state. (These values are controversial and not hard and fast, but they do give a
good order of magnitude.)

EENE

What is the residence time of U and Ni in the upper mantle if we consider the ocean crust is
“independent” of its underlying lithosphere? The enrichment of U in the oceanic crust is given
as 10 and that of Ni as 0.1.

Answer

Ry=12.4/10=1.24 Ga and Ry;=12.4/0.1 =124 Ga. They differ by a factor of 100.

The average age is calculated using exactly the same process and leads to the various
elements being differentiated by their geochemical properties. The ocean lithosphere struc-
ture is probably intermediate between the two extremes evoked. It is composed of an oceanic
crust, a part of the depleted mantle, the residue of partial melting, and perhaps also a
thermally added part which is just accreted averaged mantle.

8.1.2 Segmented reservoirs

Letus now look at a very different kind of reservoir formed by the juxtaposition of cells (or
boxes) which donotmixbutare adjacent and passed through in turn.

This reservoir is segmented. It takes a time 7" to go from the first to the last segment.
The maximum age of the reservoir is the exit age from the reservoir, which is the
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residence time R=T7. The mean age of the reservoir, supposing it is created in a uni-
form way, is:

T
_1/
M

0

An example is that of the human population. The residence time is 80 years, the mean
age 40 years. Of course, if M is not constant, (T') is different from 772 and varies between
0and T

Reasoning like this can be applied to the continental crust, supposing the survival of a
portion of the continent depends on its age and therefore that the pieces of continents are
destroyed by the geodynamic processes (erosion, metamorphic recycling, etc.) and that
their maximum age is 4.2 Ga and their mean age 2.2 Ga, as calculated for the (Sr, Nd)
isotope balances. The relation between residence time and mean age of a reservoir reflects
theinternal dynamics of this reservoir and its internal structure.

Exercise

Calculate the mean age of a continental reservoir made up of four segments aged 3.5, 2.5, 1.5,
and 0.5 Ga whose masses in arbitrary units are in a first instance 10, 6, 3,and 1 and in a second
instance 1, 3, 6, and 10.

Answer
The proportions of the four segments are 0.5, 0.3, 0.15, and 0.05 respectively, and the inverse for
the second case. The mean ages are T = 2.75 Ga in the first case and T = 1.25 Ga in the second.

Exercise

Let us suppose regular mantle convection (without mixing with the environment) with,
for example, subduction, a loop, and partial melting at a mid-ocean ridge (Figure 8.3).
Suppose the subduction rate is 4 cm yr—*, that the ridge is 20 000 km from the subduction
zone (Pacific), and the depth is 400 km. What is the residence time of this portion of the
mantle?

Subduction

Figure 8.3 Regular mantle convection. Ty, T, . .., T1; are a set of subduction dates with T;; the earliest.
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Answer
The length of time spent in the mantle is written:

_ distance 400 x 2 + 20000 - 10°

= = = 502 Ma.
speed 4

This is just under half the residence time measured in the upper mantle. But such a process is
very similar to that of a segmented reservoir!

8.2 Assemblages of reservoirs having reached the
steady state

A whole series of complex (multi-box) systems can be imagined by combining the two
types (well mixed or segmented) of simple system. We shall give a few examples which
could apply to the upper mantle but also to the ocean, considered as a series of separate
reservoirs (Atlantic, Indian, Pacific, surface water, deep water, etc.).

8.2.1 Model 1

Letus consideramantle made up of two layers which exchange material (Figure 8.4). It may
be the upper mantle—lower mantle system or even the upper mantle separated into two
layers by the 400-km seismic discontinuity.

Let M, and M, be the masses of the two mantles. Let S and D be the flow of matter in the
subduction zone and at the mid-ocean ridge. We have S = D. In addition, let M;_, be the
flow of material from mantle 1 to mantle 2 and M>_; the flow from mantle 2 to mantle 1.
Supposing a steady state (therefore M;_» = M,_;), what are the residence times (and
therefore the mean ages)?

Subduction Ridge
S AD

Figure 8.4 Model of mantle with two layers exchanging matter (and energy). M, and M, are the
reservoir masses; M,_, and M,_; are the mass fluxes.
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M M
R =—=' and Ry = —*.
S M,

Thetotal residence time Tis such that:

My My My M My My Mo

R

+ — + —
S S S S M, S
Positing M|_,/S = f. we get:
R=R + R f.

The mean ages are equal to the residence times.

Exercise

Calculate R, Ry, and R, assuming a division between upper and lower mantle with f=0.1.

Answer
R=4.75Ga; R, =1.28 Ga; R, = 34.7 Ga.

Exercise

Let us now suppose the upper mantle is divided in two by the 400-km discontinuity. Assuming
f=0.3, calculate R, Ry, and R,.

Answer

Rounding the figures, the mass of the mantle above 400 km is 0.60-10°* kg and from 400 to
670 km it is 0.4-10%* kg.

R=1.28 Ga; R, =0.769 Ga; R, =1.7 Ga.

8.2.2 Model 2

The upper mantle is assumed to be divided into two reservoirs: an upper layer (astheno-
sphere) and a lower layer (transition zone) of masses M and M, (Figure 8.5). Subduction
injects 50% into the upper layer and 50% into the lower layer. The upper layer is assumed to
be well mixed, while the lower layer is segmented and matter advances horizontally in
sequence and is then finally injected into the upper layer.
Wehave:

M,

R =1
S

because theinputisboth directand indirect, and

M1~>2 ,

Ry

and (T}) = 7 and (T») :%.
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Figure 8.5 Model 2 of the mantle (left) and ocean (right) showing the two layers that exchange material.

With M; =06 -10**kg and M>,=04-10**kg, we get: R, =0714Ga, R,=0.952Ga,
(T1) =0.714Ga, and (T,) = 0.47 Ga.

Itcanbeseenthatthemeanage ofthe deep reservoirisless thanthatoftheupper reservoir,
while the opposite applies for residence time.

In these examples, information can be deduced about the convective structure of the
reservoirs by juggling with residence times and mean ages. Such a model can be con-
structed for ocean dynamics with different time constants. The upper layer is the well-
mixed surface layer, and the lower layer is traversed by slow moving, deep currents, similar
toasegmented reservoir.

8.3 Non-steady states

8.3.1 Simple reservoirs

General equations

Letus gobackto the simple case of a reservoir fed by an influx J, with an outflow considered
proportional to the quantity of material M in the reservoir. Let k be the kinetic constant.
The dynamicequation is written:

T kM
T J—kM,

with att =0, M = My = 0.

Integrating gives:
J

M=2=(1-eh).
A

It is confirmed that when r — 0, M — 0.When t — oo, M tends towards J/k, that is, the
steady state, since J/k is the solution to the differential equation at equilibrium when dA//
dr=0.
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But whatis the significance of k? Atequilibrium, the residence timeis R = M/kM = 1/k,
therefore R = 1/k. So k isthe inverse of residence time, as already said.
Letusrewritethe solution to the equation:

M = JR (1 —e’/R).

The equilibrium solution for the full reservoir is therefore: M = flow x residence time. The
“speed” to attain equilibrium is proportional to1/R = k.

Suppose now that the reservoir is full, and so its mass is M = JR.We decide to empty it.
Whatisthe drainagelaw?

dM
—= = kM
d

hence M = JR ¢'/R.

The constant of the drainage time is the residence time. Likewise, R controls the time the
system takes to attain the state ofequilibrium.

Exercise

How long does the system take to attain 99% of its equilibrium mass?

Answer
t=4R.

Exercise

What is the mean age of the reservoir in this case? Remember that

1 r dm
T_E/tﬁdt'
0

Answer
am J e

Hence, as with the simple case of the well-mixed reservoir, T=R.

Such a model could apply to the growth of the continents where it is considered that at
each period the same amount of material is formed and that the material is destroyed over
time and reinjected into the mantle. As we shall see, this is a very general equation.

The case of chemical elements

The problem of the evolution of concentrations of a chemical element in a reservoir is trea-
ted analogously following Galer and O’Nions (1985). Let us consider the evolution of the
mass ofanelementi:
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d(C'M)

=C. J—kiC'M
dt €x

where C' is the concentration in the reservoir, C.. the concentration in the flow of
material entering from outside, J the flux of incoming material, and M the mass of the
reservoir.

If the mass is constant, we can divide by M. This gives:

aci ([ ,-
W—Cex (M) _kC.

Theresidence time of the chemical elementis written:

MC! ¢l
R=——=Ry —=-

JC M aL TR
where R, is the residence time of the mass making up the reservoir, a formula we have
alreadyestablished in the steady state.

The case of aradioactive isotope
Letuswrite the equation for the evolution of the radioactive isotope:

dc*
—_ * k ko y *
T 0 C C

with Q" = Ci, (J/M) (his the radioactive constant). The constant k is replaced in this equa-
tionby (k + A) = k*.Theresidencetimeis R* = 1/k*.

As canbe seen, radioactivity is involved in residence time. If A is very large, it reduces the
residence time.

Exercise

The residence time of carbon in the ocean is 350 years. What is the residence time of **C?

Answer

About the same since for **C, A=1.209 - 10 * yr *.
k*=12-10"%+2.8-10°2=292-10>

Rya =342 years.

8.3.2 Creation—destruction processes

The Earth is a living planet; all terrestrial structures are created by some processes and
destroyed by others. What we observe is merely the outcome of antagonistic processes:
birth and death. Thus, magmatic volcanic and metamorphic processes create portions of
continents. These landmasses are then destroyed by erosion or by recycling of their materi-
als in a new metamorphic cycle. The oceanic crust is formed at the mid-ocean ridges. It is
swallowed up in the mantle in the subduction zones. There it is destroyed either by being
thoroughly mixed with the middle mantle or by being fed back through an ocean ridge
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where it is again melted and reformed. These problems are analogous to those of birth
and death in demography, as can be seen by consulting books on the subject.

Letusfirstconsider the question of the geodynamic cycle. Let D be the quantity of mantle
differentiated atthe mid-ocean ridges.We have:
d(D)
——==J—k(D

& (D)

where Jis the rate of formation at the ocean ridge, and k(D) is the destruction of quantity D
which is fed back through an ocean ridge. But J = kV; if V'is the total volume of the mantle
andiftheresidencetime Rissuchthat R =1/k.

dD
—~ —k(V-D).
4 — KV -D)

The solution of this differential equation where Vis constant is:
D=V(1-e").

Timeissettor = 0,4.55 Gaago. So D/V = (1—e *')tends towards1when rislarge, and D =0
when ¢ = 0.The question s, of course, what value to take for k.

Letustake the value for the residence time of the upper mantle recycled by plate tectonics
and assumed to be in a steady state: R = 1.2 - 10° yrand k = 0.83 - 10~° yr ! (Figure 8.6). It
may also be that there was more recycling in the past because more heat was produced in
the mantle and the time may have been 0.7 Ga, thatis, k = 1.4 - 10 yr .

Onthisbasisthen, letuslook attwoissues. Thefirstis to determine the quantity of virgin
upper mantle, that is, mantle that has not been melted at a mid-ocean ridge. This part of
the virgin mantle is the complement of the mantle that has been recycled through ocean
ridges:

1= V(1 —e™) + virgin mantle (V)

v
_0 = efkt.

V
It can be seen therefore that the mass of the virgin mantle decreases with time, of course.

What of the upper mantle? For k =0.83 - 107 yr~, it is 2.3%o. For k = 1.4 - 10~ yr it is
1.8%o (these are per mil values!).

Exercise

What proportion of virgin mantle would be preserved if the flow at the ocean ridges were
identical but the system were the entire mantle?

Answer
Let us now try to calculate the age spectrum of this recycled mantle. It is the age distribution
at the time the mantle went through the ridge-subduction cycle. It follows the law:

N(t,) = kve .

As can be seen, the mathematical equations are analogous to those of the previous example,
but their physical meaning is very different. It is an example to remember.
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Figure 8.6 Spectrum calculation for k=0.83 - 10 ° yr * and 0.5 - 10" ° yr ™. Notice the very rapid
growth towards recent times. This is because the probability of double or triple recycling increases very
rapidly with time.

8.3.3 Time-dependent formation

Let us now consider a slightly more complex case where the formation term decreases with
time. This is geologically fairly logical as we know that the creation of radioactive energy
has decreased with time. The equation becomes:

dm
— = kM.
ds Jo €

This is avery general equation found in many cases (Allegre and Jaupart, 1985). For exam-
ple, for continental growth, where the equations found can be modified as a consequence or
also for degassing of the mantle, whichwe have looked at.

Integrating gives:

Y (e —e ™).
k—q
Therefore M depends on the two constants k and ¢.
To get our ideas straight, let us take the case of degassingof *°Ar from the upper mantle,

andstudy the **Ar content of the upper mantle:

d*Ar
dr

=’ YKoe ™ — GYAr
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Figure 8.7 Mantle degassing model. (a) Evolution of “°Ar in the mantle over time, assuming that *°K
varies by radioactive decay alone. The scale on the right is drawn assuming *°K, = 1. The scale on the left
is in 10*° g of “°Ar and corresponds to the total mass of “°Ar on the hypotheses made in the main text.
(b) Evolution of “°Ar in the mantle assuming “°K decreases both by extraction from the continental
crust and by radioactive decay. The scale on the left is in 10*® g of *°Ar. On the right, it is assumed
that “°K, = 1.

where /. is the fraction of *°K giving *°Ar; / is the total decay constant of “°K; G is the
constantof outgassing (Figure 8.7). The equation can be easily integrated:

e K
0N — (e;_ 10 (e—it _ e_Gt).

We are going to study the behavior of *°Ar for the different values of G, arbitrarily setting
Go=1

The qualitative behavior is understandable. When G is quite large, the quantity of *°Ar
reaches a maximum and then declines. So let us try to apply this information to the actual
upper mantle.

The present-day potassium level in the non-depleted mantle is K =250 ppm, and
49K =1.16 - 10~ or 116 ppm. The decay constant is A =0.554 - 10~ yr—'. Some 4.55 - 10°
years ago, the *°K level was 12 times higher and so equal to 0.35 ppm.

Given that the mass of the upper mantle is 1-107 g, 4.55Ga ago, there was therefore
0.35-10* g of “°K. From the previous calculation we obtain the following values of “’Artoday:
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G0 %yr ™

0.25 0.375 0.75 0
“OAr(g) 1.5-10" 1.1-10" 0.49 - 10" 32107

The present-day mass is estimated at 2-3 - 10'® g, which isnot bad!

Thereisoneassumptioninthe model thatisnot verysatisfactory becauseit was considered
that *°K decreased in the upper mantle by radioactive decay alone. Now, we know that K has
alsodecreasedinthe upper mantlebecauseithasbeen extracted atthe sametimeas continen-
tal crustinwhich itis enriched. Let us therefore consider that *’K decreases by thelaw:

DR A0 o ()

where (3 1s the constant for extraction of K from the mantle to the continental crust. (Such
extraction does notobey an exponential law exactly, butitis a first approximation.)

We take 5=0.35 - 10~ yr' because, with this constant, total K evolves from 250 ppm
to 50 ppm in 4.5 - 10° years, which is about the value estimated for the degree of depletion
of the upper mantle in K. The change in *“°Ar content of the mantle can therefore be calcu-
lated by replacing the value of 1 = 0.5 - 10 yr 'by (14 8) =0.85 - 10 "yr .

] :
40 _ € —(A+p)t _ =Gt
Ar G=0+D (e e )

As can be seen from the curves, we obtain an acceptable value: 2.77 - 10'® g of *°Ar in the
upper mantle for G=0.75-10"" yr~". Now, what does 0.75 - 10~ yr~! represent? The
value 1/G = 1.3 - 10? is about the residence time of plates subducting into the mantle. If it is
taken that the oceanic lithosphere degasses entirely by being fed through the mid-ocean
ridges, a plausible scenario can be reconstructed for degassing the upper mantle. Which is
no guarantee atall thatthe modelis a proper reflection of reality!

8.3.4 Effects of cyclic fluctuations

General equations
We saw when examining climatic variations that the Earth’s temperature varied cyclically
(Milankovitch cycles).We can readily imagine that the Earth’s tectonic activity varies cycli-
cally (Wilson’s plate tectonic cycles). How will such variations affect a dynamic system, a
reservoir which receives and exchanges matter?”

Letus consider the equation for the dynamic evolution of a reservoir as we have already
examinedit:

dM/dt =J — kM,
but in which we write that the input flux varies periodically with the formula J = Jy + b sin

wt,wherew = 27/ T, T'being the oscillation period and k£ = 1/R, R being the residence time.

2 This problem has been addressed by Richter and Turekian (1993) and then by Lasaga and Berner (1998).
The latter presentation has inspired the one given here.
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Source Response

Forcing

Figure 8.8 Model of response of a system subjected to external action.

The equation for mass evolution M (or concentration in an element) is therefore:

dditlZJo-f-b sin wt — kM.

The equation can be written in the form:

dMm
kM + W:Jo—i_b sin wt.

The first term of this equation depends on M alone, the second term being the forcing
imposed on the system from outside (we shall also call this the source term). The question
is, of course, how does the system react and what is its response to external stimulus

(Figure 8.8).

We integrate this first-order differential equation with constant coefficients in the
standard manner: integrate the equation without the second member dependent on ¢,
then calculate the first integration “constant.” In the course of calculation, we get on the

integral:

/ ek sin wr dr.

Thisis the only minor mathematical difficulty.

/ e*sinx dx

isintegrated by parts, integrating twice. Thisleads to:

/e"sinxdx:exsinx—e"cosx—/exsinxdx,

hence the calculation of [¢"sinxdx. Integrating this general equation therefore gives:

bw 4, bk .
it T lera

- Ji -
M=Mye™ + 2 (1-e) +

( bw cos t)
—— wt |.
k2 + w?
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Itcanbeseenthatif My =0and b =0, wefind the equation in Section 8.3.1:

Ji _r
Mz;o (1—e "’).

Whenevertis quite large (say more than 3/k), the equation is simplified and can be written:

Jo bk

. bw
M=?+ SIN wWf — —5——— COS Wi.

k? +w? 2+ w
If w < k, that is, if R << T (the residence time is very much less than the oscillation
period), the cosine termis negligible. The equation can then be written:

M= % +% sin wt
where Jy/k is the equilibrium value around which oscillation occurs.

The system response is in phase with the source oscillation. The amplitude of fluctuation
around equilibrium depends on the ratio J,/b, thatis, on the relative value between the equi-
librium value and the pulse value, but if this ratio is not too large, the amplitude remains
large.

Conversely, if w >> k, thatis, R >> T (the residence time is very much greater than oscil-
lation period), the equation becomes:

M = @ - é cos wt.
kK w

But we have the trigonometric equality cos wt =—sin(w? — n/2). Therefore the system
oscillation is delayed by (7/2), that is, by a quarter of a period relative to the source oscilla-
tion. Moreover, the amplitude is subtracted from a term Jy/k, which is very large since & is
very small, which greatly damps the signal. Between the two extremes we find intermediate
behavior.

Let us examine the consequences of this mathematical result. Suppose first that the
source oscillation period is set, say at 100 ka. Chemical elements whose residence time in
the oceans is much less than 100 ka, for example neodymium (R = 1000 years), will be sub-
jected to fluctuations (if the geochemical processes governing them are involved) in
phase with the source oscillations and which may be of large amplitude depending on the
corresponding Jy/b ratio (Figure 8.9).

The chemical elements with very long residence times like strontium (R = 2-4 Ma)) will
be subjected to fluctuations with a time lag of half a period compared with the source, but
thatare greatlydampedtoo. If, forexample, the disturbance reflects the glacial —interglacial
cycles, the strontium fluctuations will be offset and damped.

Let us examine the effect of the oscillation period. We stay with strontium with its resi-
dence time of 2-4 Ma. If the fluctuations are of the order of 100 or 1000 ka (climate, for
example) the results will be as already described. If the fluctuations are from some geologi-
cal source of the order of 20-30 Ma (tectonic), the strontium fluctuations will follow the
source fluctuations, in phase and without any attenuation. Of course intermediate cases
arise between these two extremes.
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Figure 8.9 Relationship between residence time and lag in the response curve. The response curve at
the top has been greatly amplified vertically so the effect can be seen. C, concentration; Cg, equilibrium
concentration.

The relative importance of the sine and cosine terms depends on the ratio k/w. We shall
see thatthese properties extend to the fluctuations of isotopic compositions.

Exercise

We consider sea water and the disturbance to its chemical composition as a result of climatic
disruptions introducing different concentrations in rivers. We consider a sinusoidal distur-
bance with a period of 10 000 years.

We assume the disturbance follows the law: J=a + b sin wt.

For four chemical elements Pb, Nd, Os, and Sr whose residence times in sea water are
Rep =103 years, Ryg = 3 - 10° years, Ro, = 3 - 10* years, and Rs, = 2 - 10° years, respectively, we
represent the fluctuations by changing the values of a and b so that a/R=1 and b=1 (this
greatly amplifies the Os and Sr fluctuations).

Draw the response curves for the different elements and estimate the phase-shift values.
Try to identify any quantitative relationship between residence time and phase shifts. Next
try to evaluate damping, taking a=1 and b=1 for all of the elements.

Answer
The equation describing the response curve is written:
dc

E:aqtb sin wt — kC.

Integrating gives:

C—f+i sin wt L cos wt
Tk k4 w? k2 + w? ’
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Figure 8.10 Response curves of Pb, Nd, Os, and Sr concentrations in the ocean, if the sources vary
sinusoidally with the characteristics given in the main text. AC = concentration —equilibrium concentration.

We take 103 years as the time unit and w=27/T=0.628.

For Pb, k=1; for Nd, k=0.033; for Os, k=0.033; and for Sr, k=5 -10"*.

The curves areillustrated in Figure 8.10 ignoring damping. They show the offset in terms of
residence time. When the logarithm of R (residence time) is plotted against the phase shift,
we get a curve similar to a hyperbola® with two asymptotes corresponding to the two limiting
cases where k/w is very large and k/w is very small (Figure 8.11).

To evaluate damping we take a =1 for all the elements, therefore a/k is 1, 3, 30, and 2000
for Pb, Nd, Os, and Sr, respectively. We evaluate the percentage variation:

3 In fact, it is the curve 7g w. A7t =wR.
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500 years Phase shift —

Figure 8.11 Relationship between residence time as a logarithm and phase shift, expressed in intervals
of 10 000 years.
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We find 90%, 65%, 0.2%, and 0.15% for the fluctuations of Pb, Nd, Os, and Sr, respectively.
We shall see that these properties extend to fluctuations in isotope composition.

Generalization

Extensionto all forcing functions

The great interest of this study of response to a sinusoidal source is that a response can be
obtained for any source function by decomposing it into its Fourier sine functions and then
finding the response for each sine function and summing them.

A LITTLE HISTORY

Joseph Fourier

When he was prefect of France’s Isere department under Napoleon, Joseph Fourier (after
whom Grenoble’s science university is named) proposed one of the most important theorems
in mathematics. He showed that any periodic function could be represented by the sum of the
sine and cosine functions with appropriate amplitudes and phases. He then showed that
when a function was not periodic “by nature,” it could be made periodic by truncating it and
then repeating the sampled portion. On this basis, any function can be separated into its
Fourier components and so represented as a spectrum (frequency, amplitude). Milankovitch
cycles are an example that we have already mentioned.
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Figure 8.12 Quantity in the reservoir as a function of time. After Lasaga and Berner (1998).

REEEE

We take a system (borrowed from Lasaga and Berner) obeying the previous equations with
an imposed fluctuation of F(t)=4+sin(5t)+sin(t/2). The residence time constant is
taken as 1 in the arbitrary time units (t). Calculate and represent the function at the reservoir
outlet.

Answer
See Figure 8.12. Notice the phase shift, the damping of high frequencies, and the slight
alteration of low frequencies.

The case of radioactive isotopes

We have said that for radioactive systems, the residence time should take account of the
mean life of the radioactive element, which isa sort of intrinsic residence time. The dynamic
equations we have seen are identical, except for this modification of residence time. In
some cases, when the residence time of the reservoir is very large, it is the isotope’s lifetime
thatdetermines the overall residence time.

The same reasoning applies depending on the value of the A/wratio, where w is the fre-
quency of the periodic disturbance and A is the decay constant. The fluctuations imposed
by the source shall be taken into account differentially with or without a phase shift and
with or without amplitude damping.
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EXAMPLE

Cosmogenic isotopes in the atmosphere

There are three types of cosmogenic isotope in the atmosphere we can look at: *°Be, >H, and **C.
For ®H, A=5.57 - 10 2 yr %, for "°Be, A=4.62 - 10~ yr %, and for **C, .=1.209 - 10 * yr .

When we observe fluctuations in the abundance of these isotopes, >H reflects rapid
fluctuations in the atmosphere whereas **C largely damps these variations. However, *°Be,
with a much smaller decay constant, should damp them even more than 14C. In fact, it reflects
rapid oscillations. Why? Because its residence time in the atmosphere of 1-3 years is very
short and it is this constant that prevails.

For similar reasons when it comes to deciphering the Earth’s early history, the information
provided by extinct forms of radioactivity is not the same as that provided by long-lived forms,
as we have seen.

8.3.5 Non-linear processes

In all the examples examined so far, the basic differential equation has been linear, even if the
forcing term was non-linear over time, as in the previous example. Letus now considera model
of growth ofthe Earth’s core. Let the variable N represent the quantity of iron in the core. Then:

dN
—=K(1 - N
5~ K )
where (1 - N)isthe mass fraction of iron in the core, the total quantity of iron being normal-
ized to unity. It can be considered that the attraction of this iron dispersed in the form of
small mineralsis proportionally stronger when the quantity of iron in the coreis high (gravi-
tational attraction). To characterize the quantity N, we can thereforetake K = QN.
This gives the equation:
dN

Thisis awell-known equation, especially in population dynamics. Itis the logistic equation
(see Haberman, 1997):

dN

Byseparatingoutthe simple elements, we canwrite:

[%Jrrlm} dN = Q dr.

Integrating gives:
In|N| — In|l — N| =0t + C,

hence:
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Figure 8.13 Model curve of core growth. To simplify, it is taken that all the iron is in the core although a
fraction (approx. 6%) is in the mantle.

_N() + (1 — No) e~

N

where N is the mass of iron in the core that may be considered as the mass of iron located at
the centerofthe Earthand pooled by melting. This canbe shown graphicallyasan S-shaped
curve beginning slowly then accelerating suddenly and ending as an asymptote, with value
1, which is the total quantity of iron (Figure 8.13).

An attempt can then be made to connect time and the constant Q. Assuming that
No=0.1, the time taken to form 95% of the coreis written:

t=5/0.

If this time is estimated at 50 Ma, we get O =1 -10~". (These calculations are to give an
order of magnitude of plausible processes.”)

This logistic law is probably as general in naturally occurring processes as the expo-
nential law is in fundamental physical processes.

8.4 The laws of evolution of isotope systems

Thevarious examples we have developed can be used to model the Earth’s geodynamic sys-
tems using isotope systems as tracers, just as radioactive isotopes can be used to see how the
human body or a complex hydrological system behave. This model is made much easier by
using general equations describing the evolution of isotope systems in complex dynamic
systems. These equations can be used to solve problems directly. But, of course, one of the
aims is to obtain a formulation for calculating the system parameters from direct
observations.

4 Inactual processes, allowance must be made for oxidation of iron, which allows a fraction of the iron to
remain in the mantle.
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8.4.1 Equation for the evolution of radiogenic systems:
Wasserburg’s equations

Let us begin with a straightforward case. A reservoir exchanges radioactive and reference
isotopes 8R b, ¥'Sr, ®°Sr, notated r, i, J, with the outside. We notate what enters the reservoir
(), and what exits (). The decay constant is notated 4. The fluxes are notated 7, i,j. Wecan
thenwrite the equations:

dr ,
L, 1 (),
di .

a:M - (GZ)T + (l)l
dj

We have written what leaves the reservoir as proportional to what is in the system, assum-
ing the factor is the same for () and (j), that is, assuming no isotope fractionation occurs. Let
us combine these equations to bring out the ratios (*/j) and (i/j), that is, by our notations
(*'Rb/%%Sr)and (*’Sr/%°Sr):

d@_(ﬂdr () [_z_m(i?lw@w

dr At~ jde j

Wehavenotated dr/dtand dj/dtas 7 and j respectively, asis often done. By bringingout (/) |,
thatiswhat leaves the system, and by writing;:

(’;)1 (7), (J)l

(), )
then by multiplying the bracketed term by (+/j), and noting r/j = p, as is our standard prac-
tice, we get:

e (G "

i

Doingthe same calculations for (i/j) = « gives:

E—/IILL + (O[ex — Oé) T

Bynoting (] )i/j = L@{)and G — H = F, wefinally obtain:
d
T = A+ (e = 1) LOD)

—=u + (ex — «) L(t).
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Closed
) da _, " environment

Open environment
with loss
and
fractionation

du

d_#= ~(A+F) p+ (pexn) L General
| equation

d_‘t= A (aey—u) L

d

?/;z_ Fut (pex=n) L Mixing and
d fractionation
d;.;= (aex—a) L

d

?l:_ (:“'ex_:u') L

) 4 Mixing

=@ (aex—a) L

dt

Figure 8.14 Schema explaining the generality of Wasserburg’s equations. Most of the basic equations
we have used for radioactive—radiogenic systems can be found in his figure.

These areWasserburg’s equations (see Wasserburg, 1964) (Figure 8.14).

Let us make a few remarks about them. Notice that parameter F' may be either positive
or negative depending on whether the daughter element “leaks” from the reservoir faster
(G > H) or more slowly (G < H) than the parent element. These are two concatenated (and
not paired) equations. One (u) describes the system’s chemical evolution. It therefore
involves a chemical fractionation factor for the material leaving the reservoir. The other («)
involves two terms, one for radioactive decay A and the other for mixing (aex — «). Solving
the problem entails integrating the first and then the second. These are very general equa-
tions applying to all systems — minerals, rocks, atmosphere, mantle — and thus can be used
in both geochronology and isotope geology. Notice that L() is the inverse of residence time

(1/R(2))-

8.4.2 The steady-state box model

Thismodelis developed here through two examples.
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Exercise

Take a reservoir into which flows material from a single external source with a constant
chemical and isotopic composition over time (uex and ae,) and a constant flow rate. Let us
assume that the reservoir attains a steady state.

What is the residence time if we suppose the reservoir is well mixed (that is, having a
homogeneous isotope composition «)?

Answer
We find: —Ap + (pex — ) 1/R =0and Au + (ex — @) 1/R =0.
This gives:

R-1 (@ - 1).
A\ p

We find quite simply the residence time calculated for the **C/C ratio of the deep ocean if
1 ="*C/C and pey is the **C/C ratio of the surface water in equilibrium with the atmosphere.
The time can be computed from the simple radioactive decay i = fiey € OF fiex = 11 €% If we
develop the Taylor series and keep the first two terms:

1 (p
#ex:H(H’At)t:z (% - 1>.

As for the isotope ratio:

_1 o — Qex)
R_?~( 1 )_

This is the expression of the model age of the reservoir, so we are back to the equality:
residence time = model age.
(This is not so for **C because the product **N is drowned in normal **N.)

Exercise

The 87Sr/®%Sr isotope composition of sea water is the result of erosion of the continents and of
exchange at the mid-ocean ridges where Sr from the mantle is injected into sea water, but
also of alteration by volcanoes in subduction zones and oceanic islands. We denote the
isotope ratios of the continental crust (). and of the mantle ()n: (a*)c=0.712,
(0°)m=0.703, (0*")sea water = 0.709.

What are the relative flows L.. and L, given that the residence time of Sris Rs,=4 - 10°
years and that a steady state is attained in the ocean? If we know the ratio of the mass of river
water inflow to the mass of the ocean is 3 - 107>, calculate the river/ocean Sr concentration
ratio.

Answer

We write the simplified Wasserburg equations, as there is no radioactive decay or growth
term:

(agt — afper) Lec + (o — frer) Lm = 0.

cc m water

We obtain:
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sz (O‘g — a\?vrater) —0.5.

Sr _ ASr
LCC vater A

We also have:
Lm+Lee=1/R=25-10"yr %

hence L,,=1.66 - 10~ yr *and L,,=0.83-10 " yr "
We then have:

river water flow x Sr concentration in rivers
" ocean mass x Sr concentration in ocean

hence

Sr concentration in rivers

= 0.005.
Sr concentration in sea water

Exercise

Suppose the variation in continental Sr input into sea water follows the tectonic cycle with a
period of 100 Ma. Suppose also that this fluctuation occurs with constant isotope composi-
tion for the continental crust and mantle. By how much would the 8”Sr/2éSr isotope ratio of
sea water as indicated by limestone be offset?

Answer
It would not be offset. See Section 8.4.

8.4.3 The non-steady state

Naturally enough, in the general case, all of the parameters are a function of time: F(), ftex(),
and L(@). It is not generally very easy to integrate these equations when we are unaware a
priori of the form of variation of the various parameters. It can easily be seen that if we write
L) =0, thatis, if we are in the case of evolution with no input from outside, without mixing,
we come back to the equations developed in Chapter 3 for open geochronological systems
with F() taking the form of an episodic or continuous loss. Conversely, if we cancel the terms
of radioactive decay, we are dealing with pure mixing. The mixing equation we are used tois:

am = apx + ar(1 — x).

Letus assume that apy = (¢ + 1) and o = « ¢) are the two values of the reservoir at ¢ + 1)
and (). If we modify the value « of the reservoir by adding a corresponding quantity to Ax
from the outside, then:

a(t+1) = (g — a(1)Ax + 1),

therefore
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a(t+1)—a(t) = Aa = (o) — a)Ax.

Thisis the expression for differential mixing already established.

Wasserburg’s equations may be extended to several reservoirs exchanging material and
with differentisotope ratios. Foreach reservoir, we write:

a pr—

S F -
i=1
da A

E:i,u + ;(ai — a) L

du

=n
po > (= ) L
i=1

where Fiisthetotal offractionation factors.

There are as many pairs of equations as there are reservoirs and we switch therefore
to a matrix system whose solution is complex and generally difficult to solve because there
are many unknown, time-dependent parameters. However, in some cases it can be
approximated.

a
T Lym-a
I

Upper
mantle M,

Figure 8.15 The simplified three-reservoir system.

Exercise

A simplified three-reservoir system is considered: the lower mantle (Im), upper mantle (um),
and atmosphere (a) with transfers of radiogenic rare gases described by the transfer coeffi-
cients shown in Figure 8.15, plus a chemical fractionation (F) during the transition from the
upper mantle to the atmosphere.

Write the matrix equation describing the dynamic evolution of the system. It is assumed
there is no reverse transfer either from the atmosphere to the upper mantle or from the upper
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to the lower mantle and that transfer from the lower to upper mantle does not involve
chemical fractionation.
Keep the a- and p notations as used in this book.

Answer
The subscripts to denote the reservoirs are a =atmosphere, um = upper mantle, Im = lower
mantle.

Ha Qa
= | fym | @and a = | cum
Him Qlm
du
dat [Tu]n

where [T,] is the transfer matrix of 1.

da
E - [Ta] o + )“.U‘

where [T,] is the transfer matrix of «.

0 0 0 —Lum—a +Llum-a 0
[T;L] =10 7(/L = IF 4 leﬂum) +leﬂum and [Ta] - 0 *leﬁum +leﬂum .
0 0 - 0 0 0

This exercise is designed to show how complex the problems are, but also to prepare
readers for the mathematical processing used in research work.

The cases of stable isotopes may also be covered by generalizing from these equations
somewhat, but in this case, we must consider a combined formula because while there is no
radioactive decay to be considered there is isotope fractionation.

By positing «, = stable isotope ratio, we can write:

% =Fias + Z (Fex of — as) Li(t)
I

where F; is fractionation internal to the system and F.y is fractionation for elements entering
the system. This equation shows how worthwhile but how difficult it is to use stable isotopes
in balance processes, because it involves an extra parameter — fractionation.

EXAMPLE

The crust-mantle system

Consider the continental crust-mantle system. Let us take the example of exchange between
the continental crust and the mantle. Let us keep our conventional use of 1 and «; let us take
the 87Rb/2%Sr system to clarify things. To simplify, we shall assume that the . values for the
mantle are much lower than those for the continental crust.

The evolution of the crust is written:

du,
difc = _;v,ucc + (:ulm - Ncc) L
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daree

dt

where Him and «an, indicate the transfer from the mantle to the continental crust.
It is assumed, to simplify matters, that Lis constant over time. Integrating the equationin

gives:

= +}~Hcc + (Oélm - acc) L

tm L B w
Hee = % [1 —€ (/HL)t} + Hocc € (A+L)t7

tocc being the initial value for continental crust. Notice straight away that since
1-el*ht eU+ht — 1 this is a mixing-type equation whose proportions are time dependent.
If x(t) =e*+0t , we get:

Mml L
Hec =

A+ L
from which L is of the order of 0.3-107° yr* and 1=0.0142-10"° yr~* Therefore

(1 - X(t)) + Hoce X(t)a

L
}MT [ Hml which is much less than .. and is ignored.
dac

T = 7 Ioce e~ (Dt (aml — acc) L.

Integrating gives:
aee = [aee + Aptoce t] e Dt Qm| [1 — e’(”L)t}.

Notice that this is a mixing equation between the evolution of isolated continental crust
(whose evolution is written agcc + Aocc t) and the oy, coming from the mantle, which we
have taken to be constant, the terms of the mix being weighted by e ™ (Figure 8.16).

0.760 [—

(A+L) =0.3-10-9 yr-1
=== (A+L)=0.2-10"9 yr-1

87¢y/865y

2
Time (Ga)

Figure 8.16 Results of the exercise above with ji.c=0.1.
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Exercise

Write the Wasserburg equation for stable isotopes (e.g., *#0/*°0) in & notation.

Answer

B_ (65— ag) + 6 - M) L.

The A, are isotopic fractionations during transfer from sources to the exterior, and A; is
the isotopic fractionation towards the reservoir, the L'(t) are identical to those already
defined.

EEEE

Consider the sea water reservoir. The concentration of elements is determined by the influx of
products of erosion from rocks of continental and mantle origin.
We assume the equation governing this composition is written for element i:

dc’

o Ji(t) — k C’

and that 1/k;= R; is the residence time of element i. It is assumed that:
J; (t) = Joi + bi sin wt
where w = 27/10% yr 1.
For all elements we take Jo = Gi=1.

Calculate the curves of variation of C' for the elements Nd: R;= 1000 years, Os: R;=30 000
years, and Sr: R;=2 - 10° years.

Answer
See Figure 8.10.

8.4.4 Statistical evolution of radiogenic systems: mixing times

Here, we shall again take the example of the upper mantle, but our approach is more gen-
eral and could apply to other convective geochemical reservoirs like the ocean, the atmo-
sphere, orariver.We are now going to look at not just the average values although theyare
essential, but also the statistical distributions that can be described summarily by their
different statistical parameters: a mean, a dispersion, an asymmetry, etc. (Allégre and
Lewin, 1995).

As said, the upper mantle is subjected to two types of antagonistic processes. First,
chemical fractionation (extraction of oceanic crust, extraction of continental crust, rein-
jection of material via subduction phenomena). These processes result in chemical and
isotopicheterogeneity with the help of time. Second, itisalso subjected to mixing processes
related to mantle convection, which stretch the rocks, break them, fold them, and mix
them. There are also melting processes which also tend to homogenize the isotope ratios of
the source zone.
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Thus two types of phenomena are opposed: those producing chemical and isotopic dis-
persion and those which mix, homogenize, and tend to destroy the heterogeneities (see
McKenzie, 1979; Allegreetal.,1980; Allégre and Turcotte, 1986).

Exercise

Suppose that unaltered oceanic crust, altered oceanic crust, and fine sediments plunge
into the mantle in a subduction zone. The extreme compositions for the 2’Rb—26Sr
system for unaltered oceanic crust are a3’ =0.7025 and £**/*"=0.1 and for the sediments

ag'=0.712 and ;"**"=0.4. The altered crust has intermediate values: a$y =0.705 and
Rb/Sr __
o =0.2.

What will be the dispersion of the « isotope ratios if this subducted oceanic crust is in the
mantle without mixing for 1 billion years?

Answer

Dispersion can be evaluated by calculating the two extreme values. We obtain 0.703 92 and

0.717 68 respectively for the pieces of unaltered oceanic crust and for the sediments. The

difference A« is 0.0137, while the difference in o°" values during subduction was 0.0095.
We can also calculate it directly:

A = (AQ)pitial + A(Ap)T.

Hence A indicates the dispersion: Aa:=0.0095 + 0.004 26 =0.0137. (Notice that given the
value of A, the term —2 is negligible in the evolution of ..)

Suppose now that these subduction products are subjected to multiple mixing processes in
the mantle. Suppose the result is that Ay, which was 0.3 initially, becomes Ay, = 0.1, and that
Aa becomes 0.003.

The effectiveness of this isotopic mixing can be measured by the ratio 30/137 =0.21
whereas chemical mixing, measured by 0.1/0.3 =0.33, is not quite as effective. (This reason-
ing probably fails to allow for isotope exchange, but it is a first approximation.)

Letustrytogeneralize these simple examples.We arelooking towrite an equation derived
from Wasserburg’s, but dealing with distributions. So we take as variables not the average
values, which has already been done, but the dispersions. Dispersion can be measured by
the standard deviation (or by the standard deviation of two extreme values, which, as we
know, areabout three times the standard deviation) (Allégre and Lewin, 1995).

Thefollowingequation can be derived fromWasserburg’s equations by noting dispersion
(). Thus we note the dispersion of isotope ratios (o) and the dispersion of chemical ratios
(1) with subscripts aex (external), «; (internal), pe (external), and y; (internal).

W) e — ) £~ M)

where the term —A(y;) isignored (Figure 8.17).

The new term that has been introduced is M (1), the term of homogenization of the mix-
ture; M has the dimension of the inverse of a time we shall call mixing time (7). Itis the time
it takes to reduce the dispersion (u) by a factor (e) exponential. Suppose a steady state is
attained, then:
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«©

Figure 8.17 Diagram explaining how the histograms for parameters ;. and « evolve during the
geodynamic cycle. Values of « and p are represented by histograms. We start on the left with a
dispersed histogram for o and 4. In the mantle the spread is reduced by mixing but supplementary « is
heated by radioactivity (white in histogram). Then melting reduces the spread of « but not so much as for p.

L
(i) = (ptex) M+ L
Replacing L by its expression 1/residencetime = 1/Rand M = 1/, gives:

.
R+ 7

<Mi> = <Nex>

If 7 << R, mixingisveryrapidand (y;) — Owhen7— 0.Thisisintuitive enough. If mixing
time is short, homogenization is vigorous and therefore the standard deviation is zero. If,
conversely, 7 >> R, homogenization is poor and (u;) = (iex): dispersion in the reservoir is
thesameas thatintroduced.

For isotope ratios, the equation for standard deviation is written:

dloi)  (aex) — (o) | 4 ()
o - R Talm- o

Letus make two remarks. Thefirst, a purely arithmetical one, is that the factor Y, is found
everywhere because the calculation made rigorously with variance is d(a)?/
dt = 2{(a) d(«)/dt. The second and more important remark is that in the terms of creation
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Figure 8.18 Mantle isochrons constructed from dispersion of (1) and («). The slope gives a pseudo-age
(R+7).

of heterogeneity, there is the term of external inputs in (a.x ) but also a term from the disper-
sion of (y) values.
If L is small enough for us to speak ofa steady state, we get:

() = 1) (o) + tasd (5 )

If rissmall compared with R (veryactive mixing):

(i) = 2 () 7 + {oe) (F):

If 7is very small, {a;) in the mixture is also very small. The mantle is therefore isotopically
very homogeneous (small standard deviation).

If rismuch larger than R, mixingis poor, and the standard deviation is equal to the stan-
dard deviation of pmultiplied by residence time, plus the deviation of input from outside.

Letus examine the relationship there may be between the dispersion of («) and that of the
(1) values. We saw when calculating the least squares that in an («, u) plot, the statistical
slope equals («)/{p) (the ratio of standard deviations multiplied by the correlation coeffi-
cientofapproximately1).

If we plot the points representing mantle rock on an («, ) diagram, e.g., (“*Nd/"**Nd,
97Sm/"*Nd) or (¥Sr/%°Sr, ¥ Rb/°Sr), the slope of the straight line yielding an apparent
ageisequal to theratios of the standard deviations of the () and (i) values.

Ifitcanbe considered that (c.y) is about constant (this is not the absolute value of o, but
its dispersion!), the slopeisequalto R7/(R + 7)(Figure 8.18).

If 7 is small compared with R, the slope is about equal to (7), the mixing time.
Unfortunately it is not easy to estimate (u), the “chemical”dispersion ratio, because chemi-
cal fractionation in basalt formation greatly increases (u) dispersion even if it can be
assumed that (o) remains the same.

Theslope ofthe correlation diagram obtained for basalts is then written:

Rt
D
(R + T>
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where Disacoefficient greater than unity and rather difficult to estimate.

This difficulty makes the exercise somewhat hazardous. Let us attempt it none the less to
get an order of ideas. An isochron has been obtained on oceanic basalt by the '*’Sm/"**Nd
methodwith an age of 350 Ma.

Letusadmitavaluefor D between 2and 1.5 and avalue of R = 1 Ga for the residence time
oftheupper mantle. This gives a mixing time 7 of 530 Ma.

Another way of addressing the issue is to use the *“He/>He ratios (Allégre ez al., 1995). The
ratios measured in MORB are the outcome of mixing of OIB ratios which represent an
unmixed mantle. As Figure 6.18 shows, the *He/*He ratios of MOR B seem to be slightly dis-
persed around the average for OIB.

Suppose, as a first approximation, that the dispersion caused by the decay of uranium is
faithfully reflected by the OIB.We can then write:

(aMORB) T

(avorB) R4+ T

With (aorg) =45 - 10*and (amors) =9, and still taking R = 1 Ga, wefind 7 = 0.25 Ga.We
are still dealing with the same order of magnitude but this time it is for the mantle MORB
source alone.

There are two important points to remember from this section. If we have an («, ) rela-
tion for present-day rocks from the mantle, therefore from a convecting reservoir, the
slope does not measure the age of some sudden past event but is related to the physical
characteristics of the reservoir: mixing time and residence time. We must henceforth set
about describing geochemical reservoirs not by average parameters but by distributions
and even by regionalized distributions.Work is under way in this direction.

Notice too that anumber of conclusions about the case where external dispersion fluctu-
ates with sin wt can be applied to the dispersion equation. The decisive parameter in this
caseisL/(M + L),thatis:7/(R + 7).Dispersionwillbeinphaseoroutofphase, damped
orundamped, depending on the value of this parameter. We leave this matter to readers who
wish to investigate this area further and who, for this purpose, may transpose the calcula-
tions already setout.

EEEE

It is supposed that the “He/?He ratios of the upper mantle vary as a result of dis-
persion introduced by variable ratios of the OIBs and of mantle convection (see Alléegre
et al, 1995). The values measured on OIB by “He/?He ratios are: mean 93 390, dispersion
45 330.

The values measured for MORB of the North Atlantic ridges are: mean 8938, dispersion
9330.

Calculate the upper mantle mixing time in the North Atlantic, given that the residence time
for the Atlantic lithosphere is 1.3 Ga.

The residence time of the North Pacific upper mantle is 582 Ma and the dispersion 3000.
Calculate the mixing time of these two zones of the upper mantle.

Answer
The mixing times for the two upper mantle zones are 300 Ma for the North Atlantic and 40 Ma
for the North Pacific.
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Problems

1 Consider a reservoir whose concentrations evolve in accordance with the equation with
standard notation: dC/dt=J— kC? which is therefore a non-linear evolution equation. What
is the residence time of the element in question? Can you imagine a geochemical process
for which such a formula might apply? What is the system’s response law if a flux Jy is
suddenly injected and then left to evolve by itself?

2 Itis assumed that erosion fluctuates with glacial cycles. These cycles are supposedly modeled
by the superimposition of three frequencies: 100 ka, 40 ka, and 20 ka, with relative amplitudes
of 2,1, and 1, respectively. Uranium has a residence time in the ocean of 3 Ma. Supposing
that the 2>*U/?38U ratios injected into rivers vary with climate, draw the 23*U/?38U response
curve of the ocean (without calculating).

3 The residence time of oceanic lithosphere in the primitive upper mantle is 1 Ga. It can be
supposed that the corresponding 70 km of mantle are fully degassed when they go through
the mid-ocean ridge. The *He in the upper mantle is the sum of two terms: the radiogenic part
formed in situ over 1 Ga and the part coming from the lower mantle at the same time as
the *He.

(i) Calculate how much “He accumulated in 1 Ga in the upper mantle with U =5 ppm and
Th/U=2.5.
(i) Given that the degassing of *He from the mid-ocean ridge is 1-10° moles yr~* and that
*He/?He = 10°, calculate the residence time of *He in the upper mantle.
(iii) What do you conclude about the melting process at the mid-ocean ridges?

4 Suppose that the dispersion of *He/?He ratios in the upper mantle is due to the incorporation

Dispersion Expansion rate (cm yr™') Residence time (Ma)

North Atlantic 9000 2.3 1400
South Atlantic 6000 3.5 900
South-west Indian Ocean 11 000 1.7 1600
North Pacific 3000 8.0 580
Central Indian Ocean 4700 3.6 700

of a dispersion through the OIB counterbalanced by mantle convection. Dispersion measured
in the MORB of various oceans is given in the table below.

Ocean expansion rates are also given in the table along with the residence time of oceanic
lithosphere in the corresponding mantle province. Calculate the mixing time of the various
portions of the upper mantle, given that the OIB dispersion is 45 000. Is there a relation with
the expansion rate? What is the relation? Draw it.

5 Consider Figure 8.2 showing the hydrological cycle. Construct a system of boxed reservoirs,
with four boxes: atmosphere/ocean, atmosphere/landmass, groundwater/runoff, and
oceans. Draw the input and output and the corresponding flows for each box. What is the
residence time of water in each box? What is the proportion of ocean going through the
groundwater/runoff box and that has flowed into the sea as rivers over 1 million years?
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APPENDIX

Table A.1 Symbols and orders of magnitude

Prefix Factor
exa (E) 10"
peta (P) 105
tera(T) 10"
giga (G) 10°
mega (M) 108
kilo (k) 10°
hecto (h) 10°
deca (da) 10!
deci(d) 107!
centi(c) 1072
milli(m) 103
micro (1) 10°°
nano (n) 1070
pico(p) 10712
femto () 10"
atto (a) 1078
Table A.2 Constants
Symbol  Value
Speed of light ¢ 299792458 - 103 ms !
Electron charge e —1.60217733 107 C
Planck constant h 6.620 60755 -107**Js
Boltzmann constant k 1380658 - 10 2 JK !
Gravitationalconstant G 6.6726 - 10~ "N'm?kg 2
Electron rest mass Me 0.91093897 - 10*°kg
Atomic massunit u 16605402 - 10" kg
Avogadro constant Na 60221367 - 10* mole !
Ideal gas constant R 8.314510 Jmole 'K !

1.989 calmole 'K ~!
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Table A.3 Geological data

Mass of the Earth 59737 - 10** kg
Volume 108320 - 10°'m’
Mean radius assuming spherical Earth 6371000 m
Mean density of Earth 5515kgm
Mass of atmosphere 51-10%kg

Mass of oceans 1.37 - 10" kg
Mass ofice caps 29-10%kg
Mass of fresh water (rivers and lakes) 3.10"kg

Mass of continental crust 2.36 - 107 kg
Mass of whole mantle 4.10*kg

Mass of upper mantle (above 670 km) 1-10**kg

Mass of core 1.950 - 10** kg
Mass of outer core 1.85 - 10** kg
Massof inner core 97 - 10 kg
Areaof Earth 5100 655 - 10° km?
Areaofoceans 362 -10%km?
Areaof continents (and continental margins) 2.10%km?
Areaofexposed continents 1.48 - 108 km?
Areaof Atlantic Ocean 9.8 - 10" km?
AreaofIndian Ocean 77 -10" km?
Areaof Pacific Ocean 1.7 - 108 km?
Hydrothermal flux atocean ridges 1-23-10"kgyr !
Fluxofrivers to ocean 424 -10*km*yr ' =424 .10 kgyr '
Fluxofriver sediment load 1.56 - 102 kgyr !
Flux ofoceanic crust formed 84108 kgyr!
Flux ofoceaniclithosphere created 8410 kgyr!
Lengthofoceanridges 50000 km

Flux from hotspots 2510 kgyr !
Average sea-floor spreading rate Jemyr !

Flux oflithospheric subduction 84 - 10 kgyr !
Average altitude of landmasses 875m

Average depth of oceans 3794 m

Average thickness of continents 35km

Average thickness of oceanic crust 6.0 km
Averageheat flow 87 mWm >

Total geothermal flow 443TW
Average continental heat flow 65 mWm >
Average oceanicheat flow 10l mWm 2
Solar flux 1373 Wm 2
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Table A.4 Long-lived radioactivity

Percentage ofelement Decayconstant, A(yr~ ") Meanlife, 7(yr) Half-life, Ty/>(yr) Product

0K 574962 -1071° 2.015-10° 1397 - 10° 40Ca
1167 - 10~* K iora e cap0.581 -1071° 17.21 - 10° 11.93 - 10° 40AT
Total 5.543 - 1071° 1.80 - 10° 1.25-10°
8TRbB70.25 142-10~ 1 70.42 - 10° 488 -10° 87gr
I 138Ce
1381a|  0.089 £72.25107 12 444 101 3.08 - 101 13884
e cap
Laotal e cap44 10712 2.2-10" 1.57 - 101
Total 6.65 - 10712 15101 1.04 - 10"
7 Sm o(15.07) 6.54-10712 152.88 - 10° 1.06 - 101 H43Nd
7oL 87(2.6) 2.107" 50 - 10° 3.5-10" o
87Re 37 (63.93) 1.5-1071 66.66 - 10° 4610 870s
0Pt ¢ (0.0127) 116 -10 12 862 - 10° 6-10" 1860
22Th(100) (6, 487) 4.9475 - 107! 20.21 -10° 14010 - 10" 208p,
B5U(0.73) (Ten, 567)  9.8485-1071° 101538 -10° 07038099 -10° 2°Pb
238U (99.27) (8, 637) 1.55125-1071° 6.44 - 10° 44683 -10° 206py,

Table A.5 Extinct radioactivity

Percentage of Decay constant, 4 Meanlife, T Half-life, ", Product
element (yr Y (Ma) (Ma)

20A18F 97-1077 1.03 0.714 58 Mg
0Be 5~ 46-1078 2.16-107 1.5-107 g
C18* 2.25-10° 0.44 0.308 30AT(98.1%)
*C1- 368 (1.9%)
HCapg® 6.7-107 0.15 0.1 UK

3Mn g+ 1.886 - 1077 53 3.3867 3Cr

OFe 23~ 4761 1077 2.2 1.456 6ONj
2Nb g+ 27771078 36 25.67 27r
07p4 g~ 1.063 - 1077 94 6.538 07Ag

1291 3~ 4.107% 25 17.327 129%e
40Sma 6.849 - 10~ 146 101.19 “2Nd
82Hf2 5~ 7692 1078 13 901 182y
205pp g+ 4621078 21.64 15 2057
244py fission 8.264 -10° 121 8391 Xegission
2Cm2a,38" 44.1078 225 156 By
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Table A.6 Half-lives of radium isotopes used in geology

Parent Raisotope Half-life
38y 22°Ra 1622 years
B35y 22%Ra 11.435 days
Z2Th 228Ra 6.7 years
22Th 229Ra 3.64 days

Table A.7 Half-lives and decay constants of disintegration
reactions for radioactive chains used in geology

Nuclide Half-life (years) Decay constant A (yr ')
32U 2.48-10° 2794-107°

3Th 7.52-10* 9217-10"°

2°Ra 1.622 - 10° 4.272-10°*

21'Pb 22.26 311-1072

31'Pa 3248 -10* 21341077

Table A.8 Mass ratios of selected elements

Chemical massratio Isotoperatio
(Rb/Sr) 0.341 (*'Rb/%¢Sr)
(Sm/Nd) 1.645(Sm/**Nd)
(Lu/Hf) 1.992 (V°Lu/""HF)
(Re/Os) 0.212 ("¥"Re/1380s)
(Re/Os) 0.0252('8"Re/'#%0s)
(U/Pb) ~70(38U/20pp)?

“Thisisindicative only because the figure varies with the lead isotope composition. Care must
betaken with chemicalvaluesin theliterature for rocks when compared with, say, carbonaceous
meteorites, which have primitive isotopic compositions.

Table A.9 Values of selected isotope ratios

Bulksilicate earth Initial values
Nd/Nd 0.512 638 0.505 83
47Sm /"4 Nd 0.1966
T6HE/THE 0.28295 0.27978
7o w/VHE 0.036
87Sr/86Sr 0.7047 0.698 998
8TRb/30Sr 0.031
18705/18¢0g 1.06 0.805
18705/880s 0.130 0.0987
187Re /8005 33
187Re /18805 0.412
206pp, /204py, 18.426 9307
207pp /204pp 15.518 10.294
208py, /204py 39,081 29.476
23815/2%4pp 92
22h/38y 4.25
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Table A.10 Atomic number (Z), chemical symbol, and atomic mass
(A) of the natural elements

Atomicnumber Element Atomicmass
1 Hydrogen (H) 1.0079
2 Helium (He) 4.002 60
3 Lithium (Li) 6.941
4 Beryllium (Be) 901218
5 Boron (B) 10.81
6 Carbon (C) 12.011
7 Nitrogen (N) 14.0067
8 Oxygen (O) 159994
9 Fluorine (F) 18.998 40

10 Neon (Ne) 20.179

11 Sodium (Na) 22.9898

12 Magnesium (Mg) 24.305

13 Aluminum (Al) 26.98154

14 Silicon (Si) 28.086

15 Phosphorus (P) 30.97376

16 Sulfur (S) 32.06

17 Chlorine (Cl) 35453

18 Argon (Ar) 39.948

19 Potassium (K) 39.098

20 Calcium (Ca) 40.08

21 Scandium (Sc) 44.9559

22 Titanium (Ti) 4790

23 Vanadium (V) 50.9414

24 Chromium (Cr) 51.996

25 Manganese (Mn) 54.9380

26 Iron (Fe) 55.847

27 Cobalt(Co) 58.9332

28 Nickel (Ni) 5871

29 Copper (Cu) 63.545

30 Zinc (Zn) 6538

31 Gallium (Ga) 69.72

32 Germanium (Ge) 72.59

33 Arsenic (As) 74.9216

34 Selenium (Se) 78.96

35 Bromine (Br) 79.904

36 Krypton (Kr) 83.80

37 Rubidium (Rb) 85.468

38 Strontium (Sr) 87.63

39 Yttrium (Y) 88.9059

40 Zirconium (Zr) 91.22

41 Niobium (Nb) 929064

42 Molybdenum (Mo) 95.94

43 Technetium (Tc) 97)

44 Ruthenium (Ru) 101.07

45 Rhodium (Rh) 102.9055

46 Palladium (Pd) 106.4

47 Silver (Ag) 107.868

48 Cadmium (Cd) 112.40

49 Indium (In) 114.82
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Table A.10 (cont.)

Atomic number Element Atomic mass
50 Tin (Sn) 118.69

Sl Antimony (Sb) 121.75

52 Tellurium (Te) 127.60

53 TIodine (1) 126.9045
54 Xenon (Xe) 131.30

55 Cesium (Cs) 132.9054
56 Barium (Ba) 137.34

57 Lanthanum (La) 138.9055
58 Cerium (Ce) 140.12
59 Praseodymium (Pr) 140.9077
60 Neodymium (Nd) 144.24
61 Promethium (Pm) (145)

62 Samarium (Sm) 150.4

63 Europium (Eu) 151.96
64 Gadolinium (Gd) 157.25

65 Terbium (Tb) 158.9524
66 Dysprosium (Dy) 162.50
67 Holmium (Ho) 164.9304
68 Erbium (Er) 167.26
69 Thulium (Tm) 168.9342
70 Ytterbium (Yb) 173.04

71 Lutetium (Lu) 174.97
72 Hafnium (Hf) 178.49
73 Tantalum (Ta) 180.9479
74 Tungsten (W) 183.85

75 Rhenium (Re) 186.2

76 Osmium (Os) 190.2

77 Iridium (Ir) 192.2

78 Platinum (Pt) 195.09
79 Gold (Au) 196.9665
80 Mercury (Hg) 200.61

81 Thallium (T1) 204.37
82 Lead (Pb) 207.2 (variable)
83 Bismuth (Bi) 208.9804
84 Polonium (Po) (209)

85 Astatine (At) (210)

86 Radon (Rn) (222)

87 Francium (Fr) (223)

88 Radium (Ra) 226.0254
89 Actinium (Ac) 2270278
90 Thorium (Th) 232.0381
91 Protactinium (Pa) 231.0359
92 Uranium (U) 238.029
93 Neptunium (Np) 237048
94 Plutonium (Pu) (244)

95 Americium (Am) (243)

96 Curium (Cm) (247)
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SOLUTIONS TO PROBLEMS

Chapter 1

(1) The mass of one atom of 7O is 28.45575 - 10727 kg. Since the atomic mass unit is
1.660 5402 - 1027 kg, the mass of O in massunitis17.136 4415.

The mass of each of the two molecules >?CDHj; and *CH, is 17.133 367 132 in mass
units. The difference is 0.002 77, which in relative mass is about 1.610~* which corre-
sponds to aresolution power of 6100 for the interference of separation.

(2) Thereare 31.7 ppm of lithium in the rock

(3) The measured isotopic ration %; = Rnes 18 equal to the real ratios + the pollution
(estimated by theblank). The supposedisotopicratio of theblank is Ry,;. The real isotopic
ratio of the sampleis R,. So:

Rmes = Rs(l - X) + Rbl(X)7

where (X) is the mass fraction of the blank in the mixture (this is the same formula
as isotope dilution).

If the precision is measured at 1.10 ™%, R,,..s — R, should be greater than 10 times this
value:

Rpnes — Ry<1.1073

which translates to

(Roi — R)X <1072,

since Ry — Ry~ 0.006 and

blank
X~ .
sample

x<1.61073

Soifthe sampleis 10 g of Sr, x < 1.6 10 g If we increase the accuracy by 10 times
theblank should be 0.1610 °g.
(4) The radius must be 63 meters if the angle of incidence is at 90° to the electromagnet’s
input faces, 31 metersifthe angleis 27%.
(5) Presentday:13.59dps;4.5 - 10° yearsago: 77.15 dps.
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(6) Production of radioactive heat fora mantle of primitive composition: 19.9 - 10'*W, Fora
mantle analogous to the upper mantle: 2.6 - 10> W,
Urey ratios: (i) 47%, (ii) 6%. The second ratio makes the production of radioactive
heat virtually negligible. All the internal heat would therefore be related to the Earth’s
earlyhistory.

Chapter 2

(1) Answersonpp.288 and following.
(2) Apparent ages in Ma

206Pb/238U 207Pb/235U 207Pb/206Pb 208Pb/232Th

473 510 677 502
472 489 572 469
442 460 548 471
439 457 547 492

(3) 5.14Ma; 4.2 Ma.They correspond to lava from different eruptions.
(4) Inactivity:

234U 234U X X
(238U> = (238U>Oe (1=

230 234

#U 2230 — 2234 \**U

3 G <230Th> = (23()Th> e~ (Fa30—a31)t
231Pa excess 231Pa / initia

(i) About300000 years.

Chapter 3

() 0.75Ga.
(2) WithTbeingthe temperature, we have:

2 T2
YAr = (*AR), exp {— (% + GT)]

(3) (1) Theagesare: Pyke Hill: 2.75 Ga; Fred’s Flow: 2.58 Ga;Theo’s Flow: 2.46 Ga.
(i1) Thesulfidesnotcontaininguranium lie ontheisochronsandgiveroughly theinitial
values of the lead isotope compositions.

(4) Lu—Hfages:M 101 =24.7 +1.2Ma, M 214 =30.6 + 2 Ma.
Sm—Ndages: M 101 =23.6 +4.3Ma, M 214 =20.0 + 7 Ma.
The Sm—Nd ages seem younger than the Lu—Hfages, but the pyroxenite beds are prob-
ably 24 Mayears old.
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(5) Agesofthreepopulationsofzircons

Little Belt Mountains 1935-2000 Ma and 2630-2650 Ma
Finland 2700-2800 Ma and 2000 Ma
Maryland 600 +60Ma

Itcanbeseen thattwo of the zircon populations are double.
(6) Astraightline.

Chapter 4

(1) C/N =14.4million! Plantshave C/Nratios of 100-200. Draw your own conclusions!
(2) About1350years!Itisthereforenotthe shroudinwhich Christ was wrapped.

41 K 41 K
(3) (411<> — (411<> (391<> (W) measured B <W> normal )
40K cosm 39K cosm 40K measured (%é) —_ (;‘éiK)
cosm normal
4) 8.9 -10°years.
(5) a=162+0.ImmMa .

Chapter 5

(1) (i) Basalt >1.6 mg, granite >3 mg.

(i1) Yes: basalt (2 Ga) =0.7072; basalt (0.5 Ga) =0.700 98; granite (2 Ga) =0.7829;

granite (0.5 Ga) =0.7197.
(iii) 3%ofor Sr, 2% for the Rb/Sr ratio.

(iv) Five200-g pieces are better than one 1-kg piece. The result is cross-referenced and

thereis ahope of constructing anisochron.
(2) 110 + 16 ka.
(3) 277 £5Ma.
4) (1) (a) lL12ionsperminute.

(b) Theuncertaintyis +11540 years, or 20%, compared with 0.7% uncertainty on

the present-day measurement.
(c) Minimumage: 311 £ 50 years.
(d) Countingfor 8 days, 300 mgofcarbonwould have tobe extracted.

(ii) The error by the **Th—>**U method is 420 years for an age of 55 000 years, which
corresponds to 0.76%. It is therefore an excellent method for this half-life, far
superior to '*C in theory. Geochemical conditions must hold for it to apply, that is:
closed system and sufficientabundancelevels.

(5) (i) The®Rb/¥Srageofthe gneissesis1.05 Ga.

(i) Theageofthe granite determined by the concordiadiagramis 2.11 Gawith an inter-
ceptless than about 1 Ga (see figure). The apparent ages and the geometric relations
established by geology aretherefore contradictory. A granite that cross-cutsa gneiss
cannot be older than the gneiss! Either of two hypotheses may hold. The first (A) is
that both gneiss and granite are about 1 Ga old (given by the concordia intercept
and the Rb—Srisochron). The second (B) is to accept that the gneiss is 2 Ga old and



m Solutions to problems
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thegranitealittleyounger, butthatthe whole was subjected toalargetectoniccrisis 1
Ga ago, making the zircons discordant and partially re-homogenizing the
8"Rb—""Srsystem.

How do we choose between A and B? Hypothesis B is the more likely for two
reasons. First, it is the concordia diagram that gives two ages of 2 Ga and about
1Ga. Now, the 1 Ga corresponds to the *’ Rb—*"Srage of the gneiss which has a poor
alignment and above all a (¥"Sr/%0Sr)iniial ratio of about 0.713, which is very clear
and indicates isotope re-homogenization. If we take the average of the *’Sr/**Sr
and ¥Rb/*°Sr ratios, we get an average point. Taking an initial ratio of 0.705, we
find an age of 1.95 Ga. Everything seems to be coherent therefore. However, of
course, aseries of U-Pbmeasurements onthezircon ofthe granite would beneeded
to confirm this.

(6) Initialage: 2.7 Ga, Grenville orogeny 1.1 Ga.Thezircon ages of 2.8 Ga show thatsome of
thezirconisinherited.
(7) 235+ 5Ma.
(8) (1) All the time intervals are mathematically possible. Allowing for diffusion
T <30 Ma.
(i) Rockofinterest would contain zircon, apatite, and sphene.
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(9) Therhyoliteis the result of partial melting (whether followed by differentiation or not)
ofthe ancient basaltcrust. This buried hydrated crustis heated and melts a little to give
riseto the rhyolite.

(10) See Figure 5.11for how to construct the diagram.

U/Pb g
)/ Whole
Granites 0.2 +
rock
Basalts 0.1
Ultramafic 0.05
Ultramafic _
Basalis |
Cranies [N
Granies sphenes, apottes |
Basalts ' Zircons I
Ultramafic L ; ; ; | | | | | |
455Gal1Ga 0.1Ga 0.01Ga 0.001Ga 0.0001Ga 455Gal1Ga 0.1Ga 0.01Ga 0.001Ga  0.0001Ga
100Ma 10Ma 1Ma 100 Ka 100 Ma 10Ma 1Ma 100 Ka
Age Age

Chapter 6

(1) (i) Theinitial two proportions in the two volcanogenic sediments are 0.576 and 0.423,
respectively, giving:

(S1/%°S1); gogian = 0.709 46 and (V' Rb/*Sr) i, = 0.1239.

Sedian

(i) Initialratios: (*’St/**Sr)granite = 0.718 65, (*'Rb/*°Sr) granite = 3.885.

Final ratio: (*'St/*°Sr)granite = 0.7738.

(2) (i) Massof *°Arassumed to be contained in the core approx. 20 - 10'® g, mass of “°Ar
in the lower mantle 60 - 10" g. This putative evaluation does not alter the general
idea behind the *°Ar balance, a missing part of which must be in the mantle.

(ii) Concentration ofnon-radiogenicleadinthe core CXP = 1.81 ppm.

(iii) For T=3 Ga, (*°°Pb/***Pb)iower mantte = 1740, C*"Pb/***Pb)iower mantie = 14.74.
Thevalues for the closed system are 17.35 and 14.53, respectively. The point is slightly
totherightofthe geochronat4.5 Ga.

(iv) Taking T=4 Ga, we have (*°°Pb/?**Pb)iower mante = 17.90 and (C°’Pb/?**Pb)ower
mantle — 16.10.

(v) This phenomenon places the representative points in the J domain but is insuffi-
cient to give lead values with an isotope signature like the island of St. Helena. For
this, 50% ofthelead in the mantle would have had to pass into the core after 4.4 Ga,
which seems a lot. The idea of explaining OIBs with high p values by this mechan-
ism doesnotseem to be corroborated by the data.

(3) (i) Forthemantle, the reinjection of continental crust plays virtually no part. This is
because of the mass difference. Only theinitial differentiation is seen.
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For the continental crust, it does playarole, but its evolution does not correspond
to observation. The concavity observed with time is the opposite of what is
observed, which seems on the contrary to involve increasing recycling of conti-
nental crust.

(i) Neither the Nd nor Sr curves of mantle evolution show the evolution really

observed, which see a progressive onset of primitive mantle evolution.

(iii) Overall, with the simplifying assumptions made here, this model does not account

for the observations very well (see figure).
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The upper mantle has a mass of 1 - 10?’g with 5 ppb uranium, corresponding to
210" moles.

Production of “He in1 Ga is 2.12 times that ofuranium in moles, therefore 4.45 - 10'°
moles. The quantity of “He outgassed is about 10® moles yr~'. Therefore, the resi-
dence time “He =440 Ma is equal to half the residence time of the lithosphere,
which means that when the oceanic lithosphere forms at the mid-ocean ridges,
thereis enrichmentin “He towards the melting zone.

Values of W™NY are calculated in both hypotheses a4 =0.5110 and
aCNCd = 0.5120, which are the extremes using the balance equation u. Next the
N9 model ages are calculated using the two extreme data by the age formula
deduced from continental crust data. This gives a pair of values (WN9, 7MY
which are (0.2465; 2.84 Ga) and (0.4608; 1.08 Ga).Values of W™ are calculated

with the ;s balance equation under both extreme conditions uiﬁ/ Nd — 0.227 and
IUJSm/Nd —0.28.

dm
Then 7V4is calculated using the formula for the depleted mantle.We get a pair of

values (WN9, TNY) of (0.256; 2.6 Ga) and (0.4882; 0.964 Ga).We then take a (WN9, T)
plane and draw the two straight lines corresponding to the pair of values (W, T
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taken two by two (see figure). Their point of intersection gives wNd = 0.335,
™4 =205 -10° years.

0.5

0.2 -

Time (Ga)

Returning then to the balance equations, we get: a4 =0.511567 and
Sm/Nd
Ham = 0.241.

(i) Using WNY W5 is calculated as 0.22. From the balance equation for x values we
deduce jic.. =0.409. From the balance equation for the « values, we deduce
ai{ = 0.713 28.We check by calculating the 75" model age on the depleted mantle
values 75" = 2.1 Ga; with continental crust values 75" = 1.90 Ga, for an average of

2 Ga.The overall pictureis fairly coherent.

Chapter 7

(I) Thefirstjobisto estimate the fractionation factors at the missing temperatures +10 °C
and —30°C.

(i) We plot the two curves ap, 813, against temperature and interpolate and extrapo-

late linearly, which is warranted because they seem to vary linearly. The complete

tableis given below.
ap 18,
+20 1.085 1.0098
+10 1.10 1.0106
0 1.1123 1.0117
=20 1.1492 1.0141

=30 1175 1.0155
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(i1) Theresultsareasgivenbelow.

aaipor 5Pain 5lgovap 5180rain
1 -133 =33 -16.3 -6.5
2 -208 -96 -24.13 -12.4
3 =307 —158 -33.57 -1947
4 -424 -249 -43.95 -28.38

(iii) Seefigure.
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(2) Theequationis:
§=8)+10°(a—1)In f.

For the first phase, fvaries from I to 0.7. The results are given in the table and figure

below.
Q_1=0.0002 Q_1=0.00025 Q_1=0.00035
=09 =07 f=59,Af=0.84 f=049, Af=07 f=0388,Af=0.79
Melt 5.52 5.571 5.614 5.66 5.74
Olivine 5.32 5.37 5414 546 5.54
Pyroxene 531 5.36 544
Plagioclase 514

Ascanbeseen, great precision is required to bring out these variations.
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Magma

Olivine

8180
(92}
iy

[

Aene

52 Plagioclase

50 I I I I I I I

09 08 07 0.6 05 04 03 0.2
F

(3) Withdp =70% and Craig’s straight line of precipitation, we deduce §o = 10%.We cal-
culate the partition coefficient at 550 °C.
Ay p=A-10°T"*+B

A B Amineral—water
Quartz 4.10 -37 2.35
Magnetite —147 -37 —5.8
Muscovite 1.9 -3.10 —0.41
Feldspar 313 —341 1.20
Calcite 278 —2.89 1.21
Plagioclase 2.15 =20 1.149

Thebalance equation is written:

(5Q - 6H20) X1+ (5Mg - 5H20)X2 + (5Mg - 5H20) — X3+
(Ofeld — 61,0)X4 + (8cal — 61,0)xs5 + (Fplag — On,0) X6 = O.

From this we get:
5silicate - 51—130 = 0.99 (2),

but we also know theinitial balance:

Oinitial silicate X V1 + Oinitial waterV2 = Oinitial

where y;and y, are calculated allowing for the fact that by mass:
H>,0O = 15% and silicate = 85%.

In the silicates, oxygen = 54%; in the water, oxygen = 88.8%. Therefore the initial over-
all value of the system, ifassumed closed, is:

Oinitial = 7 X 0.77 = (—10) x 0.23 = 5.39 — 2.3 = 3.09.
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Thisis preserved, sowehave:

Osilicate + Om0 = 3.09 (2).

We then deduce dy,0 by eliminating dijicare between (1) and (2):
Ou,0 = 1.05

Allthatisleftisto calculate the mineral § values:

Oquary = +3.4
Omagnetite = —4.7
Omuscovite = 0.68
Ofeldspar = +2.29
Scacite = +2.28
Oplagioclase = +2.39.

(4) (i) Thequantityofcarbonburntis5.9 - 10'®g, which corresponds to 410 ppm of CO».
(i) Now, the content is 330 ppm. The remainder has been dissolved in the ocean after
homogenization.
(iii) Thed"™Cyeie has gone from +3 to 0.
(iv) Ifé canbemeasured witha precision of 0.1 §or 0.058, this criterion canbeusedasa
pollution control.
(5) Ag,m = 5g — é‘maj = 550Z — xaszf + (1 — x)asoi—

s>

T TSy sor
K(T)

~ (a2 + K(T))

Agm =7.5x —4.5.

Thereforeifx < 0.6 A,_p, itisnegative, otherwiseitis positive.
(6) (i) 6 =0.344and1.386, respectively.
(il) 6 =-1.05.
(iii) 0.0081 § m " and 0.01108 & m ™' for the two snowball scenarios and for the
scorched Earthscenario 0.01488m ™",
(iv) No.

Chapter 8
(1) Wefind:
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A decay reaction, for example, decay of organic matter, obeys a second-order kinetic

equation:
X = Jo
a Jokt +1 '

(2) Thefrequency100kawillbe continuedunchanged. The40kaand20kafrequencieswill
be phase-shifted and damped and therefore the 100 ka frequency will predominate.
(3) (i) The upper mantle I - 10*” g with 5 ppm of U, corresponding to 2 - 10'® moles.
Production of *He in 1 Ga is 2.2 times that of uranium in moles, therefore 4.4 - 108 yr.
The quantity of *He degassed is about 10® moles per year.
(ii) Therefore the residence time of “He of 440 Ma is twice the residence time in the
lithosphere.
(iii) This means that when the oceanic lithosphere forms at the ocean ridges, there is
enrichment of “He towards the melting zones.
(4) Mixing times in the upper mantle

Mixing time (Ma)
North Atlantic 350
South Atlantic 138
South-west Indian Ocean 533
North Pacific 42
Central Indian Ocean 77

Yes, thereis a relation with the expansion rate (see figure).

N. Pacific
O

4= 0O S. Atlantic

Central N. Atlantic S.W.
Indian Indian
O
‘| —
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